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Abstract
It is generally accepted that progressive cooling of global climate since the Late Cretaceous results from decreasing partial
pressure of atmospheric CO2 (pCO2). However, details on how and why the carbon cycle evolved and how it would aﬀect
pCO2 have not been fully resolved. While the long-term decline of pCO2 might be caused by the decrease of volcanic degassing
through the negative feedback between pCO2 and silicate weathering, seaﬂoor spreading, the major control of CO2 degassing,
seems to have remained relatively constant. Alternative explanation, known as ‘uplift driven climate change’ hypothesis, proposes that tectonic uplift may have enhanced the sink of atmospheric CO2 by silicate weathering, and thus produced the
decline of pCO2. However, increasing weathering sink of CO2 could deplete atmosphere all of its CO2 within several million
years while holding volcanic outgassing constant. In this work, major ﬂuxes of long-term carbon cycle are calculated based on
a reverse model constrained by marine C, Sr and Os isotopic records and the spreading rate of sea ﬂoor. Weathering of island
basalt and continental silicate rocks are separated in the new model. The results indicate a long-term decline of island basalt
weathering in consistent with the global cooling trend over the past 100 million years. Dramatic changes of the CO2 ﬂuxes
associated continental silicate weathering, reverse weathering, volcanic degassing and the growth of organic carbon reservoir
have been observed. Disturbance of atmospheric CO2 cycle by these ﬂuxes seems to be maintained by the concomitant adjustments of island basalt weathering that were sensitive to the pCO2 controlled environment factors such as temperature and
runoﬀ. The negative feedbacks between pCO2 and weathering of island basalt might have played a signiﬁcant role in stabilizing the long-term carbon cycle.
Ó 2012 Elsevier Ltd. All rights reserved.

1. INTRODUCTION
Global climate has experienced dramatic change since
the Late Cretaceous. During the latest portion of Cretaceous approximately 100–65 million years ago, global temperature reached the highest level of the last 200 million
years with no glaciation in both poles (Bice et al., 2006).
Progressive cooling afterward transited the earth from a
greenhouse state into an icehouse world with ice caps at
high latitudes, ﬁrst in Antarctic and later in the North
Hemisphere (Zachos et al., 2001). It is believed that
decreasing partial pressure of CO2 in atmosphere (pCO2)
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is the primary determinant for the long-term cooling trend
and for the growth of continental-scale ice sheet in polar regions (Deconto and Pollard, 2003). Although growing evidences conﬁrmed a long-term decrease of pCO2 (Pearson
and Palmer, 2000; Pagani et al., 2005; Tripati et al.,
2009), the reason behind the decline of pCO2 is still under
debates.
Reduction of CO2 degassing has been proposed by
BLAG carbon cycle model as the primary driver for the decline of pCO2 through the negative feedbacks between
pCO2 and silicate weathering (Berner et al., 1983). In this
model, weathering reaction is largely controlled by the climatic factors that are sensitive to the changes of pCO2, such
as temperature and runoﬀ. Thus, balance of carbon cycle
could be maintained by the negative feedbacks between
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pCO2 and silicate weathering (Walker et al., 1981; Berner
et al., 1983). Due to the limited capacity of atmosphere, a
decrease of CO2 outgassing would result in rapid drop of
pCO2 until new balance is reached so that the decreasing
CO2 consumption by silicate weathering in response to
the decline of pCO2 could compensate the reduction of
CO2 degassing. However, the rate of sea ﬂoor spreading,
which is believed as the major control of CO2 degassing
(Berner et al., 1983), have remained relatively constant
especially over the past 65 million years (Rowley, 2002;
Muller et al., 2008).
Alternative explanation, known as ‘uplift driven climate
change’ hypothesis (Raymo et al., 1988; Raymo and Ruddiman, 1992), suggested that the late Cenozoic tectonic uplift,
mainly Tibetan Plateau, may have enhanced physical erosion and monsoonal rainfall, which ﬁnally helped drawdown of atmospheric CO2 by silicate weathering. The
post-Eocene decline of pCO2 and global cooling is coincident with the time of major Cenozoic orogenesis (Raymo
and Ruddiman, 1992). Increasing production of terrigenous
sediment and raising 87Sr/86Sr and 187Os/188Os ratios of seawater also support a late Cenozoic increase in both physical
and chemical denudation (Hay et al., 1988; Edmond, 1992;
Peucker-Ehrenbrink et al., 1995). However, increasing
weathering sink of CO2 would deplete atmosphere all of
its CO2 within several million years while holding volcanic
outgassing constant (Berner and Caldeira, 1997).
The ‘uplift driven climate change’ hypothesis argues that
the sequestration of atmosphere CO2 by silicate weathering
is a strong function of continental relief, and the importance of pCO2-weathering feedback which prevents runaway icehouse or greenhouse in BLAG carbon cycle
model is implicitly negated (Raymo and Ruddiman,
1992). As no evidence pointing an increase of volcanic
degassing, two potential negative feedbacks were proposed
to compensate the increasing erosional drawdown of CO2
(Raymo and Ruddiman, 1992): (1) decreasing accumulation of sedimentary organic carbon due to increasing oxygen concentration of seawater in response to climate
cooling (Raymo, 1994); (2) increasing precipitation of silicate minerals in the deep sea or decreasing weathering of
seaﬂoor basalt in response to the elevated pH of seawater
under lower pCO2 (Francois and Walker, 1992). However,
growth of organic carbon reservoir seems to have increased
as a result of increasing preservation eﬃciency in regions
with high sedimentation rate of terrigenous materials
(France-Lanord and Derry, 1997). Precipitation of silicate
minerals in the deep sea, known as reverse weathering,
may be largely controlled by the supply of degraded weathering product (Michalopoulos and Aller, 1995). Although
reverse weathering may increase in response to increasing
weathering product, it cannot compensate all of the increasing consumption of CO2 by continental silicate weathering
since the net eﬀect of weathering and reverse weathering
should remove CO2 from atmosphere. The dynamics of seaﬂoor basalt weathering is poorly understood and is supposed to be largely controlled by the spreading rate of
seaﬂoor rather than pH (Wallmann, 2001).
The fundamental diﬀerence between BLAG carbon model (Berner et al., 1983) and the ‘uplift driven climate change’

hypothesis (Raymo and Ruddiman, 1992) is related to the
two extreme mechanisms that control the rate of silicate
weathering, i.e., the weathering limited regime and the supply
limited regime respectively. Weathering regime largely depends on the extent of physical erosion (Kump et al., 2000;
West et al., 2005). Under the weathering limited regime, fresh
rocks are suﬃciently exposed and weathering rate is controlled by kinetic parameters of weathering reaction that
are closely linked to pCO2, e.g., temperature. While under
the supply limited weathering regime, physical erosion is
weak, weathering of fresh rock is inhibited by the protection
of soil cover and weathering rate largely depends on the rate
of physical erosion (Kump et al., 2000; West et al., 2005).
Generally, the large continents are not eﬀectively eroded,
weathering of continental silicate seems to be largely supply
limited (Gaillardet et al., 1999). Kump and Arthur (1997)
argued that the increasing sequestration of atmospheric
CO2 in active orogens such as Himalayas may has been oﬀset by reduction of weathering elsewhere under a kinetically
controlled weathering regime due to the decline of temperature and runoﬀ in response to the drop of pCO2. Weathering
of island basalt may play a signiﬁcant role in this mechanism. Most of the oceanic islands locate at tectonically active regions, and are generally characterized by
mountainous relief with particularly high rate of physical
erosion (Milliman and Meade, 1993). Thus, weathering of
island basalt might be largely subjected to the weathering
limited regime, which shows high weathering ﬂux and strong
environmental inﬂuence such as temperature, runoﬀ and
plant cover (Moulton and Berner, 1998; Dessert et al.,
2003; Louvat et al., 2008; Gaillardet et al., 2011; Schopka
et al., 2011). Updated estimates on the cumulative surface
area and weathering rate of island basalt (Dessert et al.,
2003; Allègre et al., 2010) indicate that weathering of island
basalt consumes up to 5.0  1012 mol atmospheric CO2 per
year at the present, which is more than half of that consumed by continental silicate weathering (Gaillardet et al.,
1999). This value might be even higher when the underground weathering ﬂux is considered (Schopka and Derry,
2012). Thus, weathering of island basalt may act an important role in regulating the long-term balance of carbon cycle
through the pCO2-weathering feedbacks.
Marine isotopic records of carbon, strontium and osmium could help resolve the ancient carbon cycle processes
because carbon ﬂuxes derived from diﬀerent reservoirs are
characterized by distinct d13C values and the processes that
control the long-term carbon cycle also control the strontium and osmium isotopic compositions of seawater. A
set of early works has established the framework to calculate ancient carbon cycle ﬂuxes mainly based on marine C
and Sr isotopic records (Kump, 1989; Derry and FranceLanord, 1996; Goddéris and Francßois, 1996; Kump and
Arthur, 1997; Francois and Goddéris, 1998; Wallmann,
2001; Berner, 2006; Kashiwagi et al., 2008). In these works,
normally four equations were involved regarding the mass
balances of carbon and alkalinity, and the isotopic balances
of carbon and strontium in ocean–atmosphere system.
Some works may favor the mass balance equation of atmospheric CO2 instead of oceanic alkalinity. As a matter of
fact, mass balance equation of atmospheric CO2 could be
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deduced by combining the mass balance equations of alkalinity and total carbon in ocean–atmosphere system. Theoretically, only four ﬂuxes of carbon cycle could be
computed independently from the four mass balance equations. Simpliﬁcations have to be made to reconstruct the entire carbon cycle. For example, volcanic degassing of CO2 is
normally constrained by the spreading rate of mid-ocean
ridges or hold as constant. Li et al. (2009) implemented osmium isotopic balance as an additional constrain. By doing
so, they were able to calculate volcanic degassing. However,
the reconstructed CO2 degassing show dramatic decrease
during the early Cenozoic (Li et al., 2009), which is quite
unrealistic considering the nearly constant spreading rate
of sea ﬂoor (Rowley, 2002).
This work readopts the traditional way to constrain the
hydrothermal ﬂuxes and CO2 degassing by the spreading
rate of sea ﬂoor. The rest of the freedom in the model of
Li et al. (2009) is then used to separate the weathering of
island basalt from total silicate weathering. Neutralization
of oceanic alkalinity by the acidity released by hydrothermal ﬂuids and/or reverse weathering is also considered.
Mg cycle is incorporated to reproduce the concentration
of seawater Mg as a secondary driver for hydrothermal ﬂux
and as an extra testing target for the model results. The ultimate goal of this work is to resolve the factors that drove
the secular changes of global carbon cycle over the past
100 million years, to ﬁnd out the mechanism that maintained a long-term balance of atmospheric CO2 budget,
and to answer how the changes of carbon cycle would control the concentration of atmospheric CO2 and thus global
temperature.
2. METHOD
2.1. Mass balance equations
The long-term carbon cycle in this model mainly involve
eight processes, namely (1) continental silicate weathering,
(2) carbonate weathering, (3) weathering of organic carbon
in sedimentary rocks, (4) weathering of island basalt, (5)
carbonate sedimentation, (6) burial of sedimentary organic
carbon, (7) H+ released by hydrothermal alternation and/or
reverse weathering, and (8) volcanic degassing of CO2.
These processes often have opposite eﬀects on carbon cycle.
Carbonate weathering provides carbon and bicarbonate
alkalinity to the ocean, which is then removed by burial
of carbonate in sediment or oceanic crust. The two processes could be expressed as a reversible reaction:
CaðMgÞCO3 þ CO2 þ H2 O () Ca2þ ðMg2þ Þ
þ 2HCO
3

ð1Þ

Silicate weathering and the acidity (H+) released by hydrothermal alternation or reverse weathering also act in an
opposite way. Production of H+ by hydrothermal alternation and/or reverse weathering can be simpliﬁed as the formation of brucite layer in serpentine or authigenic clay
minerals:
Mg2þ þ 2H2 O ! MgðOHÞ2 þ 2Hþ

ð2Þ

13

Atmospheric CO2 is ﬁxed into bicarbonate by silicate
weathering while the H+ released by hydrothermal alternation and/or reverse weathering converts bicarbonate back
to atmosphere:
Silicate þ CO2 þ H2 O ! Cations þ HCO
3
þ Degraded products
HCO
3

þ

þ H ! H2 O þ CO2

ð3Þ
ð4Þ

Also, oxidation and burial of sedimentary organic carbon
can be simpliﬁed as reversal processes of respiration and
photosynthesis:
CH2 O þ O2 () CO2 þ H2 O

ð5Þ

Carbon in the ocean–atmosphere system has a residence
time of about 104 years (Berner and Caldeira, 1997). On
time scale of million years, the ocean–atmosphere system
could be treated as steady state with respect to carbon.
All of the carbon inputted into the system should be equally
removed. Volcanic degassing, carbonate weathering and
oxidation of organic sediments are the primary sources of
carbon, which are mainly removed by burial of organic
matter and carbonate in sediment or oceanic crust. The
mass balance and isotopic balance of total carbon in the
ocean–atmosphere system can thus be expressed as:
X
X
ðK i  C i Þ ¼
ðK j  C j Þ
ð6Þ
X
X
ðK i  C i  d13 Ci Þ ¼
ðK j  C j  d13 Cj Þ
ð7Þ
where K is relative intensity to Late Pleistocene values for
the processes labeled by corresponding subscripts (same
for rest of the work); C is Late Pleistocene carbon ﬂuxes
associated with these processes; d13C is corresponding carbon isotopic composition. Subscripts i include carbw (carbonate weathering), orgw (weathering of organic carbon),
ma (CO2 degassing from mid-ocean ridge and arc volcanoes), and plume (plume CO2 degassing). The total volcanic
degassing of CO2 (ma + plume) is labeled by volc in Tables
2 and 3. Subscripts j include carbb (carbonate burial), and
orgb (burial of organic carbon).
Bicarbonate alkalinity in the ocean also has a very short
residence time similar to that of total carbon. Likewise,
alkalinity provided by rock weathering should be sunk by
carbonate sedimentation and neutralization of H+ on time
scale of million years:
X
X
ðK i  Ai Þ ¼
ðK j  Aj Þ
ð8Þ
where A is Late Pleistocene ﬂuxes of alkalinity associated
with the processes labeled by corresponding subscripts.
Subscripts i include csiliw (continental silicate weathering),
basw (weathering of island basalt), and carbw (carbonate
weathering). Subscripts j includes carbb (carbonate burial),
and rev (alkalinity neutralization by the H+ released from
hydrothermal alternation and reverse weathering, which
are termed as reverse weathering for simpliﬁcation).
Main inputs of strontium to the oceans are related to
rock weathering, hydrothermal activity, and diagenetic
products of marine sediments. A transient-state solution
to the strontium isotopic composition of seawater is shown
below (Hodell et al., 1989):
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N  dRSr
ocean =dt ¼

X

K i  Sri  ðRSi  RSr
ocean Þ

ð9Þ

Sr

where R is normalized strontium isotopic composition
(atomic fraction of 87Sr) that enables accurate mass balance
calculation: RSr = (87Sr/86Sr)/(9.43 + 87Sr/86Sr); N is the
amount of strontium in seawater; dRSr
ocean =dt describes the
changing rate of RSr of seawater; Sr is the Late Pleistocene
Sr ﬂuxes associated with the processes labeled by corresponding subscripts, which include csiliw (continental silicate weathering), basw (weathering of island basalt),
carbw (carbonate weathering), hy (hydrothermal activity),
and dia (sediment diagenesis).
Osmium in oceans is sourced from rock weathering,
hydrothermal input, and cosmic ﬂux to a lesser extent.
Due to short residence time of about several 104 years
(Levasseur et al., 1999), osmium in seawater would reach
a steady state on time scale of million years and the time
derivative in the oceanic osmium isotopic budget could be
neglected. Thus, the osmium isotopic composition of
seawater can be calculated by averaging the osmium isotopic composition of all osmium inputs to the oceans in a
weighted manner:
X

Os
K i  Osi  ðROs
ð10Þ
i  Rocean Þ ¼ 0
where ROs is normalized osmium isotopic composition
(atomic fraction of 187Os) that enable accurate mass balance calculation: ROs = (187Os/188Os)/(7.4 + 187Os/188Os);
ROs
ocean is Os isotopic composition of seawater; Os is Late
Pleistocene Os ﬂuxes associated with the processes labeled
by corresponding subscripts, which include csiliw (continental silicate weathering), basw (weathering of island basalt),
sediw (weathering of sedimentary rocks), hy (hydrothermal
activity), cos (cosmic input).
Considering that Mg is the major reactant in hydrothermal reaction and reverse weathering (Michalopoulos and
Aller, 1995; Elderﬁeld and Schultz, 1996), the activities of
hydrothermal reaction (Khy) and reverse weathering (Krev)
may be largely controlled by seawater Mg concentration
in addition to the spreading rate of mid-ocean ridges (Sp):
K hy ¼ K rev ¼ CMgt =CMg0  Sp
ð11Þ
where CMgt and CMg0 are Mg concentration of seawater
of the past and today respectively. Concentration of Mg
in seawater is modeled by assuming that the removal of
Mg by hydrothermal alternation and reverse weathering is
proportional to Mg concentration of seawater and spreading rate of sea ﬂoor:
X
ðK i  Mgi Þ  CMgt =CMg0
V  dCMgt =dt ¼
 Sp  Mghy

ð12Þ

where V is the volume of ocean; Mg with corresponding
subscripts showing the Late Pleistocene Mg ﬂux associated
with rock weathering and removal of hydrothermal alternation (Mghy). Subscripts i includes csiliw (continental silicate
weathering), basw (weathering of island basalt), carbw (carbonate weathering).
2.2. Model simpliﬁcation
Eqs. (6)–(12) involve more than 10 processes
(Table 1). Theoretically, only seven processes could be solved

simultaneously from Eqs. (6)–(12) given that other parameters in the equations are known and simpliﬁcation are made
to conﬁne rest of the processes. One reasonable simpliﬁcation
is to combine carbonate weathering (Kcarbw), weathering of
organic carbon (Korgw) and weathering of sedimentary rocks
(Ksediw) together after Derry and France-Lanord (1996),
since on large scale, sedimentary rocks such as limestone
and organic-rich layers are interbedded. As many believed
(Berner et al., 1983), CO2 degassing from mid-ocean ridge
and arc volcanoes could be constrained by the spreading rate
of ocean ﬂoor. Plume CO2 degassing (Kplume), diagenetic input (Kdia), and cosmic ﬂux (Kcos) are kept as constant. A summary of the model simpliﬁcation could be found in Table 1.
As a result of simpliﬁcation, only six major processes as well
as Mg concentration of seawater should be constrained,
which satisﬁes the freedom of Eqs. (6)–(12).
2.3. Data
A comprehensive review is given to deﬁne the values of
the parameters. Table 2 lists the primary parameters. All of
the parameters used in Eqs. (6)–(12) are listed in Table 3,
which are either taken from Table 2 directly or calculated
from the primary parameters in Table 2. Fig. 1 shows the
time dependent parameters, i.e., the marine C, Sr, Os isotopic records and the spreading rate of mid-ocean ridge. Removal of Mg by hydrothermal activity and reverse
weathering (Mghy&rev) in late Pleistocene is tuned to
4.2  1012 mol/year so that the modeled Mg concentration
of modern ocean could match observation. The best estimate of Mg sink in modern hydrothermal system is about
2.4  1012 mol/year (Elderﬁeld and Schultz, 1996). However, large uncertainty may arise from oﬀ-axis hydrothermal activities where huge amount of water ﬂuxes through
ridge ﬂanks even though the Mg loss is very small under
lower temperature (Elderﬁeld and Schultz, 1996). It is interesting to notice that of the 4.2  1012 mol/year of Mg removed by hydrothermal system and reverse weathering,
only about half is used to released H+ (4.6  1012 mol/year,
Ahy&rev in Table 3). Rest of the Mg may be consumed to replace the Ca2+ in the oceanic rocks (Wallmann, 2001;
Arvidson et al., 2006).
2.4. Error control and sensitive analysis
Traditional methods of error propagation is employed
to estimate uncertainties induced by the proposed error of
the primary parameters listed in Table 2 (Li et al., 2009):
"
#
X
2
ð13Þ
ð@K i =@P n  rn Þ
Ei ¼ sqrt
n¼1;2;...;37

where Ei is the accumulative error of model result Ki; rn is
proposed error of the primary parameter Pn in Table 2. The
accumulative errors are displayed as shaded envelopes in
Fig. 2, which are small compared to the overall trends of
the model results.
Sensitivity (gni ) of the modeled results on the error of
parameters Pn is estimated by integrating the error contribution of rn to the square of Ei:

G. Li, H. Elderﬁeld / Geochimica et Cosmochimica Acta 103 (2013) 11–25

15

Table 1
Major processes involved in the model and model simpliﬁcation.
Symbol

Description

Model simpliﬁcation

Kcsiliw
Kbasw
Kcarbw
Korgw
Ksediw
Kcarbb
Korgb
Kma
Krev
Khy
Kplume
Kdia
Kcos

Continental silicate weathering
Island basalt weathering
Carbonate weathering
Weathering of organic carbon
Weathering of sedimentary rocks
Carbonate sedimentation
Burial of organic carbon
Degassing from mid-ocean ridges and arc
Reverse weathering
Hydrothermal ﬂuxes
Plume volcanic degassing
Diagenetic input
Cosmic input

NA
NA
In proportion to each others

gni ¼

Z

NA
NA
In proportion to sea ﬂoor spreading rate
In proportion to sea ﬂoor spreading rate and seawater Mg concentration
Kept as constant

t

ð@K i =@P n  rn =Ei Þ2 dt=t

ð14Þ

0

The results show that error of the model is largely contributed by the uncertainties of spreading rate of sea ﬂoor
(Fig. 3). Sediment weathering and burial of carbonate and
organic carbon are also very sensitive the parameters related to Os cycle (Fig. 3).
Himalayan rivers are characterized by extremely radiogenic strontium isotopic compositions either from silicate
or carbonate weathering (Galy et al., 1999; Jacobson and
Blum, 2000). Recent compilations of eleven major upper
streams leading out Tibetan Plateau yield strontium ﬂux
of about 3.2  109 mol/year with 87Sr/86Sr ratios of about
0.71448 (Wu et al., 2009). Uplift of Tibetan Plateau since
about 40 Ma may increase the inputs of Tibetan rivers
and thus inﬂuence the model results. The method used by
Li et al. (2009) is adopted to test the inﬂuence of Tibetan
rivers on model results by assuming that the contribution
of Tibetan rivers to global weathering ﬂux increased linearly from zero to the present value since 40 Ma. Two scenarios are used (Test runs #1 & #2). Test run #1 assumes
that carbonate weathering is responsible for the high
87
Sr/86Sr ratio of Tibetan rivers, thus the global mean
87
Sr/86Sr ratio of carbonate weathering will increase from
0.7077 to 0.7081 over the last 40 Ma (Li et al., 2009). Test
run #2 assumes that the high 87Sr/86Sr ratio of Tibetan rivers is solely contributed by silicate weathering, thus the global mean 87Sr/86Sr ratio of silicate weathering will be
reduced to 0.7193 before 40 Ma (Li et al., 2009). Both scenarios have similar and very small eﬀects on the model results (Fig. 2). The sensitive tests seem to contradict other
models (e.g., Goddéris and Francßois, 1995; Francois and
Goddéris, 1998) that have shown the change in Himalayan
riverine ﬂux was important for Sr isotopic evolution of seawater and Sr isotopic record of seawater could not be used
to reconstruct silicate weathering ﬂux. The reason behind is
that not only Himalayan rivers but also other rivers (with
less radiogenic 87Sr/86Sr ratio) leading out Tibetan Plateau
are concerned in this model. Thus, the overall 87Sr/86Sr ratio of Tibetan rivers (0.71448) is close to that of global average (0.7116), and its inﬂuence on model results is reduced.

Model doesn’t separate basalt in continent from other
silicate rocks, while the weathering rate of continental basalt may have markedly diﬀerent response to temperature,
runoﬀ and tectonic uplift compared to other silicate rocks
in continents. Test run #3 is performed assuming that
weathering of continental basalt act as the same as island
basalt. A value of 2  1012 mol/year is given to the CO2
consumption of basalt weathering in continents (Dessert
et al., 2003). The CO2 consumption as well as the Sr and
Os released by basalt weathering in continents could thus
be incorporated into island basalt weathering in the test
run. Corresponding changes of the primary parameters
are listed in Table 4. The results show that test run #3
has very small inﬂuence on the model results except for
the weathering of island basalt (Fig. 2). The relative rate
of island basalt weathering show smaller amplitude of
changes with evolving shape unaltered. The reduced amplitude of changes is caused by higher late Pleistocene ﬂux of
island basalt weathering in the test run #3 (Table 4).
3. RESULTS AND VALIDATION
Fig. 2 shows the reconstructed key ﬂuxes of carbon cycle. Although diﬀering from each other in details and amplitudes of variation, weathering of continental rocks and
burial of carbonate and organic carbon share a very similar
trend over the past 100 million years. They all show a relatively high value during the Late Cretaceous. After holding
a minimum in Paleocene, they gradually increased toward
the high ﬂuxes of Late Pleistocene. Unlike these similar patterns is weathering of island basalt, which has experienced a
progressive decrease since 100 Ma.
Since all of the model results are calculated simultaneously from the same set of equations, the consistence between the model results and geological records could help
check veracities of the model. The reconstructed burial rate
of carbonate generally agree with that integrated from the
world’s ocean basins except for the 40–60 Ma portion
(Fig. 2d). The model shows a signiﬁcant underestimation
of the carbonate deposition ﬂux for the period 40–60 Ma
compared to the reconstruction by Opdyke and Wilkinson
(1988) while the model of Francßois and Goddéris (Francois
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Table 2
Primary parameters used in the model.
No.

Symbol

Description

1

Ccarbw

Carbonate weathering

2

Cma

CO2 degassing from mid-ocean ridge and arc

3

Cvolc

Volcanic CO2 degassing

4

D

5

d13Ccarbw

d13C diﬀerence between sedimentary carbonate and organic
C
Average d13C of carbonate rocks

6

d13Cvolc

7
8
9

Valuea
12

12.3  10 mol/
year
4.7  1012 mol/
year
6.0  1012 mol/
year
30&

Error

References

5%

Gaillardet et al. (1999)

5%

Marty and Tolstikhin
(1998)
Marty and Tolstikhin
(1998)
Hayes et al. (1999)

5%
0.5&

1.8&

0.1&

d13C of volcanic CO2

5.0&

0.1&

d13Ccarbb
d13Corgb
Asiliw

d13C of marine carbonate
d13C of marine organic C
Bicarbonate production of continental silicate weathering

0.2&
0.5&
5%

10

Abasw

Bicarbonate production of island basalt weathering

5%

b

11

N

Amount of Sr in seawater

Fig. 1b
Fig. 1c
8.7  1012 mol/
year
5.0  1012 mol/
year
1.25  1017 mol

Derry and FranceLanord (1996)
Derry and FranceLanord (1996)
Falkowski et al. (2005)
Falkowski et al. (2005)
Gaillardet et al. (1999)

50%

12

Srw

Strontium ﬂux of continental weathering

5%

13

Srdia

Diagenetic Sr product

14
15

fcsiliw
fbasw

16
17
18

87

0.7116
0.7077
0.7037

0.0002
0.0002
0.0002

19

87

Fraction of silicate weathering Sr in Srw
Fraction of basalt weathering Sr in hydrothermal and basalt
weathering Sr ﬂux
87
Sr/86Sr of continental weathering
87
Sr/86Sr of carbonate weathering
87
Sr/86Sr of hydrothermal output and basalt weathering
similar to mantle value
87
Sr/86Sr of diagenetic Sr product

3.4  1010 mol/
year
3.4  109 mol/
year
31%
73%

Palmer and Edmond
(1989)
Davis et al. (2003)

0.7084

0.001

20
21
22
23

87

Sr/86Srocean
Os/Sw
Os/Siw
Sw

87

0.00002
20%
20%
20%

24

Siw

Riverine Si ﬂux

20%

Gaillardet et al. (1999)

25
26

Os/Srbasw
fcos

5%
50%

c
Levasseur et al. (1999)

27
28

187

Os/Sr ratio of basalt weathering
Cosmic contribution in basalt weathering, hydrothermal,
and cosmic Os ﬂux
187
Os/188Os of continental weathering
187
Os/188Os of continental silicate weathering

Fig. 1d
0.34  109
0.12  109
3.3  1012 mol/
year
4.7  1012 mol/
year
0.61  109
0.14

Davis et al. (2003)
Li et al. (2009)
Bach and Humphris
(1999)
Elderﬁeld and Gieskes
(1982)
Mcarthur et al. (2001)
Li et al. (2009)
Li et al. (2009)
Meybeck (2003)

1.54
1.05

0.05
0.2

29

187

0.126

0.05

30
31
32
33
34
35

187
Os/188Osocean
Sp
V
CMg0
CMgi
Mgw

Os/188Os of hydrothermal, cosmic and basalt weathering
Os ﬂux similar to mantle value
187
Os/188Os of seawater
Sea ﬂoor spreading rate
Volume of seawater
Modern Mg concentration of seawater
Initial Mg concentration of seawater at 100 Ma
Mg ﬂux of continental weathering

Levasseur et al. (1999)
Peucker-Ehrenbrink
and Jahn (2001)
Allègre and Luck (1980)

0.05
2%
20%
5%
20%
5%

Timofeeﬀ et al. (2006)
Gaillardet et al. (1999)

36
37

MgCcsiliw
MgCbasw

Mg/HCO3 ratio of continental silicate weathering
Mg/HCO3 ratio of island basalt weathering

Fig. 1e
Fig. 1a
1.37  1021/L
54.4 mmol/L
34 mmol/L
5.5  1012 mol/
year
0.13 mol/mol
0.19 mol/mol

20%
5%

Gaillardet et al. (1999)
Dessert et al. (2003)

a

Sr/86Srw
Sr/86Srcarbw
87
Sr/86Srmantle
87

Sr/87Srdia

Os/188Osw
Os/188Oscsiliw

187

Os/188Osmantle

Sr/86Sr of seawater
Os=SO2
4 ratio of sediment weathering
Os/Si ratio of silicate weathering
Riverine SO2
4 ﬂux

187

20%
50%
10%

Elderﬁeld and Gieskes
(1982)
Gaillardet et al. (1999)
Allègre et al. (2010)

Nielsen et al. (2009)
Muller et al. (2008)

All are the late Pleistocene values except for the isotopic curves and the spreading rate of sea ﬂoor.
Based on the updated bicarbonate production rate of island basalt weathering (2.47  106 mol km2 year1) (Dessert et al., 2003) and the
cumulative surface area of basaltic island (2.02  106 km2) (Allègre et al., 2010).
c
Assuming congruent release of Sr and Os during island basalt weathering and average basalt Os and Sr concentration of 60 ppt and 450 ppm
respectively.
b
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Table 3
Parameters used in Eqs. (6)–(12).
Symbol
Ccarbw
Corgw
Cma
Cplume
Ccarbb
Corgb
d13Ccarbw
d13Corgw
d13Cma
d13Cplume
d13Ccarbb
d13Corgb
Acsiliw
Abasw
Acarbw
Acarbb
Arev
N
87
Sr/86Srocean
Srcsiliw
Srcarbw
Srbasw
Srhy
Srdia
87
Sr/86Srcsiliw
Sr
Rcarbw
87
Sr/86Srbasw
87
Sr/86Srhy
Sr
Rdia
Oscsiliw
Ossediw
Osbasw
Oshy
Oscos
187
Os/188Osocean
187
Os/188Oscsiliw
Os
Rsediw
187
Os/188Osbasw
187
Os/188Oshy
187
Os/188Oscos
Sp
Kma
Khy
V
CMg0
CMgi
Mgcsiliw
Mgcarbw
Mgbasw
Mghy
a

Description
Carbonate weathering
Organic C weathering
CO2 degassing from mid-ocean ridge and arc
Plume CO2 degassing
Carbonate burial
Burial of organic C
d13C of sedimentary carbonate
d13C of sedimentary organic carbon
d13C of mid-ocean ridge and arc degassing (d13Cvolc)
d13C of plume degassing (d13Cvolc)
d13C of marine carbonate
d13C of marine organic C
Bicarbonate production of continental silicate weathering
Bicarbonate production of island basalt weathering
Bicarbonate production of carbonate weathering
Bicarbonate consumption of carbonate burial
Bicarbonate consumed by reverse weathering
Amount of Sr in seawater
87
Sr/86Sr of seawater
Sr ﬂux of continental silicate weathering
Sr ﬂux of carbonate weathering
Island basalt weathering Sr ﬂux
Hydrothermal Sr ﬂux
Diagenetic Sr product
87
Sr/86Sr of continental silicate weathering
87
Sr/86Sr of carbonate weathering
87
Sr/86Sr of basalt weathering (87Sr/86Srmantle)
87
Sr/86Sr of hydrothermal output (87Sr/86Srmantle)
87
Sr/86Sr of diagenetic Sr product
Os ﬂux of continental silicate weathering
Os ﬂux of sediment weathering
Basalt weathering Os ﬂux
Hydrothermal Os ﬂux
Cosmic Os ﬂux
187
Os/188Os of seawater
187
Os/188Os of continental silicate weathering
187
Os/188Os of sediment weathering
187
Os/188Os of basalt weathering (187Os/188Osmantle)
187
Os/188Os of hydrothermal ﬂux (187Os/188Osmantle)
187
Os/188Os of cosmic ﬂux (187Os/188Osmantle)
Spreading rate of sea ﬂoor
Mid-ocean and arc degassing proportional to Sp
Hydrothermal activity proportional to Sp
Volume of seawater
Mg concentration of modern seawater
Initial Mg concentration of seawater
Mg ﬂux of continental silicate weathering
Mg ﬂux of carbonate weathering
Mg ﬂux of island basalt weathering
Hydrothermal Mg sink

Valuea

Notes
12

12.3  10 mol/year
3.6  1012 mol/year
4.7  1012 mol/year
1.3  1012 mol/year
16.8  1012 mol/year
5.1  1012 mol/year
1.8&
28.2&
5.0&
5.0&
Fig. 1b
Fig. 1c
8.7  1012 mol/year
5.0  1012 mol/year
24.6  1012 mol/year
33.7  1012 mol/year
4.6  1012 mol/year
1.25  1017 mol
Fig. 1d
1.05  1010 mol/year
2.35  1010 mol/year
1.07  1010 mol/year
0.39  1010 mol/year
3.4  109 mol/year
0.7203
0.7077
0.7037
0.7037
0.7084
551 mol/year
1119 mol/year
654 mol/year
56 mol/year
115 mol/year
Fig. 1e
1.05
1.78
0.126
0.126
0.126
Fig. 1a
Fig. 1a
Fig. 1a
1.37  1021/L
54.4 mmol/L
34 mmol/L
1.2  1012 mol/year
4.4  1012 mol/year
0.94  1012 mol/year
4.2  1012 mol/year

b
c
b
CvolcCma
d
d
b
d13CcarbwD
b
b
b
b
b
b
2  Ccarbw
2  Ccarbb
d
b
b
Srw  fcsiliw
Srw–Srcsiliw
e
e
b
f
b
b
b
b
g
g
h
i
i
b
b
j
b
b
b
b
b
b
b
b
b
MgCcsiliw  Acsiliw
MgwMgcsiliw
MgCbasw  Abasw
k

All are the late Pleistocene values except for the isotopic curves and the spreading rate of sea ﬂoor.
Same value as in Table 2.
c
Calculated from the d13C of bulk earth (d13Cvolc), d13C of average carbonate (d13Ccarbw), and average d13C diﬀerence between sedimentary
carbonate and organic carbon (d) after Li et al. (2009).
d
Derived from Eqs. (6)–(8) under Pleistocene condition when all of the K values equal to 1.
e
The sum of hydrothermal and basalt weathering Sr ﬂux could be calculated based on Eq. (9) under late Pleistocene conﬁguration that all of
the K values equal to 1, of which 73% (fbasw) derived from basalt weathering according to Allègre et al. (2010).
f
Calculated from the 87Sr/86Sr ratio continental riverine Sr ﬂux (87Sr/86Srw), 87Sr/86Sr ratio of carbonate weathering (87Sr/86Srcarbw), and the
relative proportion Sr derived from silicate weathering (Srcsiliw) and carbonate weathering (Srcarbw) after Li et al. (2009).
b
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g

According to Li et al. (2009), Os ﬂux of continental silicate weathering could be calculated from the purely silicate weathering derived
riverine Si ﬂux (Siw) and Os/Si ratio of continental silicate weathering (Os/Siw). The Os ﬂux of sediment weathering could be calculated from
2
the purely sediment weathering derived riverine SO2
4 ﬂux (Sw) and Os/SO4 ratio of sediment weathering (Os/Sw).
h
Calculated from the Sr ﬂux (Srbasw) and Os/Sr ratio (Os/Srbasw) of basalt weathering.
i
The sum of hydrothermal, cosmic and basalt weathering Os ﬂux could be calculated based on Eq. (9) under late Pleistocene conﬁguration
that all of the K values equal to 1, of which 14% (fcos) derived from cosmic ﬂux according to Levasseur et al. (1999). Hydrothermal Os ﬂux is
then calculated by subtract the basalt weathering Os ﬂux (Osbasw) from the rest of the 86% Os ﬂux.
j
Calculated from the 187Os/188Os ratio of continental riverine Os (187Os/188Osw), 187Os/188Os ratio of continental silicate weathering
(187Os/188Oscsiliw), and the relative proportion of Os derived from silicate weathering (Oscsiliw) and sediment weathering (Ossediw) after Li et al.
(2009).
k
Value is tuned in the model so that the resulting Mg concentration of modern ocean could matches the observation.

and Goddéris, 1998) show much less discrepancy in their
reconstruction for this period. The reason behind this discrepancy is not clear. The model results indicate that the
low value of carbonate deposition between the 60–40 Ma
window is caused by low weathering ﬂux of carbonate rock
(Fig. 2b and d). It is the weathering of carbonate rock that
dominates the alkalinity ﬂux (Table 3), and thus controls
the carbonate deposition. However, the reconstruction of
carbonate sedimentation, either by model or basin integration, is more accurate on the relative variation in short-term
than the long-term trend and absolute value. Notably, the
model has successfully captured the major shifts of the carbonate burial reconstructed by basin integration (Fig. 2d).
Model validation could also be made on the concentration
of Mg in seawater. The modeled concentration of Mg in
seawater shows a dramatic increase during the course of
Cenozoic (Fig. 2f), which is consistent with the observation
based on ﬂuid inclusion (Zimmermann, 2000; Horita et al.,
2002; Timofeeﬀ et al., 2006).
4. DISSCUSSION
4.1. Roles of physical erosion
The similar trends shared by weathering of continental
rocks and burial of carbonate and organic carbon suggests
a common control behind (Fig. 2). Factors that control
rock weathering are very complex but are normally related
to exposure area of rocks, rate of physical erosion and climate condition. Under weathering limited regime, weathering reaction is promoted under higher temperature and
runoﬀ. However, the Cenozoic increase in continental
weathering is in the opposite of global climate change.
Decreasing sea level associated with Cenozoic glaciation
may increase exposure area of continents by several percents, which is still too small to explain the dramatic increase in weathering product unless low lands are
characterized by extremely high weathering ﬂux. Weathering of continental rocks seems to be highly correlated with
the rate of physical erosion as reﬂected by global production of terrigenous sediment (Figs. 2 and 4), supporting a
supply limited weathering regime for continental rocks.
As proposed by Raymo and Ruddiman (1992), increase
of physical erosion might be related to the widespread
mountain building during the Cenozoic. However, taken
at face value, the correlation between the sediment discharge (Fig. 2b) and continental silicate weathering is not

very good in detail. This is because the relationship between
physical erosion (sediment yield) and silicate weathering is
non-linear (Fig. 4).
Sedimentation rate of carbonate mimics carbonate
weathering largely because carbonate weathering is the major supplier of alkalinity to the ocean while carbonate burial is the dominant sink of alkalinity. Ocean could maintain
a quasistatic equilibrium of alkalinity automatically simply
by changing alkalinity and thus carbonate compensation
depth and the eﬃciency of carbonate preservation (Broecker and Peng, 1982). The way that the burial of organic carbon follows continental weathering may also be modulated
by physical erosion. Processes that control production and
preservation of particulate organic matter are very complex. Increasing supply of nutrient such as phosphorus
from continental weathering may promote primary productivity in the ocean. However, more than 99% of sinking particles are oxidized in the water column of ocean. A slight
shift in the eﬃciency of oxidation, say a drop to 98%, would
double the preservation. Late Cenozoic cooling and
increasing meridional temperature gradient may facilitate
the formation of oxygen-rich deep water, a condition that
may not be favored for the survival of organic matter
through water column. Once settled in sediment, organic
matter also subjects to further oxidation. Only a small fraction of organic particle could survive at this stage. It is
shown that preservation of organic matter is largely elevated under high sedimentation rate (France-Lanord and
Derry, 1997). As a matter of fact, the majority of organic
carbon buried today takes places in shallow marine environments with high debris ﬂux such estuaries, continental
shelves and deltas (Berner and Canﬁeld, 1989). In these
well-oxygenated environments, burial rate of organic carbon is a positive function of total sedimentation rate (Stein,
1990). Late Cenozoic increase in physical erosion, and thus
sediment production may have increased the burial of organic matter.
4.2. Implication for pCO2
Carbon dioxide in the ocean–atmosphere system is
mainly derived from volcanic degassing, oxidation of organic matter, and reverse weathering (include bicarbonate
neutralized by hydrothermal H+ inputs). Silicate weathering and burial of organic matters remove CO2 from the
ocean–atmosphere system. Carbonate weathering cannot
serve as a long-term sink for atmospheric CO2 since the

Relative sea floor
spreading rate
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Age (Ma)

1.0

(e)

0.8
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0.2
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Fig. 1. Model constrains. (a) Spreading rate of mid-ocean ridge
(Muller et al., 2008). (b and c) d13C of marine carbonate and
organic carbon (Falkowski et al., 2005). (d) Strontium isotopic
composition of seawater from updated LOWESS database (Mcarthur et al., 2001). (e) Osmium isotopic composition of seawater.
The <80 Ma portion is compiled from records of two ferromanganese crusts, D11 (open circle) (Klemm et al., 2005) and CD29
(dots) (Burton, 2006), based on the Re decay correction and age
calibration of Nielsen et al. (2009). The >80 Ma portion (square) is
compiled from the other sources (Peucker-Ehrenbrink et al., 1995;
Cohen et al., 1999; Ravizza et al., 1999). Model uses the smoothed
ﬁts to the raw data.
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same amount of CO2 absorbed by carbonate weathering
will be released subsequently by carbonate sedimentation.
Mathematically, mass balance of CO2 in the ocean–atmosphere system could be deduced by canceling the carbonate
terms in Eqs. (6) and (8) since every 2 mol of alkalinity is
associated with 1 mol of CO2 during weathering and burial
of carbonate, i.e., Acarbw = 2  Ccarbw, Acarbb = 2  Ccarbb:
X
X
ðK i  C i Þ ¼
ðK j  C j Þ
ð15Þ
where subscripts i includes orgw (weathering of organic carbon), ma (CO2 degassing from mid-ocean ridge and arc volcanoes), plume (plume CO2 degassing) and rev (reverse
weathering plus neutralization of bicarbonate by hydrothermal H+); subscripts j includes csiliw (continental silicate
weathering), basw (weathering of island basalt), and orgb
(burial of organic carbon); Crev = Arev/2; Ccsiliw = Acsiliw/2;
Cbasw = Abasw/2. The calculated source and sinks of CO2
over the past 100 million years are shown in Fig. 5.
The limited reservoir of CO2 in ocean and atmosphere
imply that all sources and sinks of CO2 must be in a perfect
balance on time scale of million years (Berner et al., 1983).
Any imbalance of CO2 budget will result in dramatic
change of pCO2 in a short time. Mass balance of atmospheric CO2 could be maintained automatically if any
sources or sinks of CO2 is sensitive to pCO2 or the pCO2
controlled environmental factors, and thus provide a negative feedback loop between pCO2 and the CO2 sources or
sinks. Volcanic degassing and hydrothermal activity is related to the internal processes of the earth, which is unlikely
modulated by the changes of surface environment. Continental silicate weathering and the cycling of organic carbon
seem to be largely controlled by physically erosion. They
may not serve as negative feedback to pCO2 unless physical
erosion is in some way promoted under high level of pCO2.
The general decreasing trend of pCO2 and temperature
over the past 100 million years (Fig. 6) imply that the
pCO2-sensitive CO2 ﬂux should increase if it act as a CO2
source or decrease as a CO2 sink. Weathering of island basalt matches such a criteria (Fig. 6). Due to strong physical
erosion in oceanic islands (Milliman and Meade, 1993),
weathering of island basalt may be largely weathering limited, and thus is very sensitive to pCO2 or the pCO2 controlled environmental factors. However, resolving the
mechanisms behind the negative feedbacks between basalt
weathering and pCO2 is not straightforward. Basalt weathering may response directly to pCO2 through the fertilization of CO2 on terrestrial biomass and thus plant
weathering. Terrestrial plants take up CO2 primarily by diffusion. Increasing pCO2 generally has positive eﬀect on
photosynthesis, productivity, growth, and root activity,
which accelerate plant weathering (Andrews and Schlesinger, 2001; Ainsworth and Long, 2005; Baars et al., 2008).
Previous model of carbon cycle indicates that the eﬃciency
of CO2 fertilization on terrestrial plants is a key factor controlling the long-term evolution of pCO2 models (Berner
and Kothavala, 2001). Rising of vascular plant in Silurian
and subsequently expansion in Devonian have caused a major drawdown of pCO2 (Berner, 1997).
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Fig. 2. Model results. (a–e) Relative rates of continental silicate weathering, weathering of sedimentary rocks, island basalt weathering,
carbonate sedimentation and burial organic C. (f) Mg concentration of seawater. Shaded envelopes are accumulative errors of the model. Test
runs #1 & #2 indicate the inﬂuence of changing contribution of Tibetan rivers since 40 Ma. Test run #3 treats weathering of continental basalt
as island basalt. Also shown are the relative rate of physical erosion (blue bars, Fig. 2b) reconstructed from global terrigenous sediment
production (Hay et al., 2006), relative carbonate sedimentation rate (cyan shade area, Fig. 2d) integrated from worldwide ocean basins
(Opdyke and Wilkinson, 1988), and Mg concentration of seawater (blue dots, Fig. 2f) reconstructed from halite inclusion (Zimmermann,
2000; Horita et al., 2002; Timofeeﬀ et al., 2006). (For interpretation of the references to color in this ﬁgure legend, the reader is referred to the
web version of this article.)

The continuous decrease of basalt weathering over the
past 100 million years shows good coherence with the global cooling as reﬂected by oxygen isotope of benthic foraminifera (Fig. 6). It is generally accepted that mineral
dissolution mediated by temperature or runoﬀ act as the
key mechanism in the negative feedbacks between pCO2
and silicate weathering (Berner et al., 1983). Higher pCO2
is normally accompanied with higher temperature and runoﬀ through greenhouse eﬀect, and thus higher rate of silicate weathering. Taking an apparent activation energy of
about 42 kJ/mol for basalt weathering (Dessert et al.,
2001), a 56% drop of basalt weathering since 100 Ma require a temperature cooling of about 12 °C, which might
be plausible considering the extremely warm climate of
the Late Cretaceous (Bice et al., 2006). As shown by Dessert

et al. (2003), the rate of basalt weathering is also a strong
function of runoﬀ. Neglecting the eﬀect of temperature, this
would imply a huge drop in runoﬀ, which is unlikely to
have occurred (Donnadieu et al., 2006). A realistic combination of runoﬀ and temperature reduction might also account for such a large decrease in weathering of island arc.
Determining the coupling between pCO2 and weathering
of island basalt is diﬃcult. Uncertainties of pCO2 reconstruction are large (Fig. 6). Diﬀerent proxies usually produce contradict results (Fig. 6). However, if we take the
conﬁdence of the proxy-based pCO2 in an order of phytoplankton d13C, stomatal indexes, boron isotope, paleosol,
a rough trend of pCO2 could be reconstructed (Fig. 6). Late
Cretaceous and Early Cenozoic are characterized by high
and variable pCO2. The pCO2 decreased rapidly during
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Fig. 3. Error contributions of the primary parameters to the modeled results. Index number of the parameters is listed in Table 2.

Table 4
Changes of primary parameters in test run #3.
Symbol
Asiliw
Abasw
Srw
fcsiliw
fbasw
87

Sr/86Srw
Os/188Osw
Mgw
187

Description

Standard run

Bicarbonate production of continental silicate weathering
Bicarbonate production of island basalt weathering
Strontium ﬂux of continental weathering
Fraction of silicate weathering Sr in Srw
Fraction of basalt weathering Sr in hydrothermal and basalt weathering Sr
ﬂux
87
Sr/86Sr of continental weathering
187
Os/188Os of continental weathering
Mg ﬂux of continental weathering

12

Test run #3a

8.7  10 mol/year
5.0  1012 mol/year
3.4  1010 mol/year
31%
73%

6.7  1012 mol/year
7.0  1012 mol/year
3.0  1010 mol/year
21%
79%

0.7116
1.54
5.5  1012 mol/year

0.7127
1.80
5.2  1012 mol/year

a
Calculated by incorporating the weathering of continental basalt, which consumes about 2.0  1012 mol CO2 per year, into weathering of
island.

the Oligocene and then held a low and relatively stable value afterward. It is worthy to notice that the rough trend of
pCO2 does not match the weathering of island basalt perfectly (Fig. 6). Global climate is not the sole function of
pCO2. Other factors, such as land-sea distribution and
ocean circulation, also contribute (Kennett, 1977; Scher
and Martin, 2006). Thus, pCO2 may change only when climate condition cannot support a basalt weathering ﬂux that
is needed to balance the carbon cycle. A recent ﬁnding at
the Eocene–Oligocene boundary may be a good example
(Pearson et al., 2009). Antarctic glaciation at the Eocene–
Oligocene boundary, which is possibly induced by change
of ocean circulation (Kennett, 1977), was associated with
an increase of pCO2 afterward (Pearson et al., 2009) to
compensate the unsupported basalt weathering ﬂux.

4.3. Evidence from

10

Be/9Be ratio?

Recently, Willenbring and von Blanckenburg (2010) argued a long-term stability of late Cenozoic global weathering rates mainly based on the nearly constant initial
10
Be/9Be ratio of seawater. Assuming a constant production of cosmogenic 10Be, the constant initial 10Be/9Be ratio
of seawater could thus be taken as evidence for constant
weathering release of 9Be. Our model results indicate that
the late Cenozoic increase of CO2 consumption by continental silicate weathering has been largely compensated
by decreasing weathering of island basalt (Fig. 5). It is
not surprising that the total silicate weathering (continental + island basalt) remains roughly constant. Because of
mass balance consideration, it must roughly follow the
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Fig. 4. Correlation between the relative rates of physical erosion
and chemical weathering of continental silicate (red dots) and
between the relative rates of physical erosion and chemical
weathering of sedimentary rocks (black squares). Relative rates
of chemical weathering is averaged based on the time period of the
physical erosion data in Fig. 2b. (For interpretation of the
references to color in this ﬁgure legend, the reader is referred to
the web version of this article.)
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and/or global ice volume (Zachos et al., 2008; Friedrich et al.,
2012).

ratio of seawater may not necessarily invoke a constant
continental weathering, but can serve as supporting evidences for the seesaw feedback between weathering of continental silicate and island basalt.
4.4. Implication for seawater Mg concentration
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Fig. 5. Balance of CO2 in atmosphere–ocean system over the past
100 million years. Growth of organic reservoir is calculated by
subtracting weathering of organic carbon from organic burial.
Note that the scales for CO2 ﬂux are the same for every panel.

degassing rate, which is rather constant after 60 Ma
(Fig. 5b). Decreasing release of 9Be from basalt weathering
may have also compensated the increasing 9Be ﬂux of continental weathering. Thus, the constant initial 10Be/9Be

Increasing Mg concentration and thus Mg/Ca ratio of
seawater is one of the most prominent changes of oceanic
geochemistry over the past 100 million years. Crystalline
phase of CaCO3, calcite or aragonite, precipitated from surface ocean largely depends on the Mg/Ca ratio of seawater.
Aragonite is the main precipitates of CaCO3 since about
40 Ma due to the increasing Mg/Ca ratio of seawater (Hardie, 1996; Lowenstein et al., 2001). However, the reason behind the increasing Mg/Ca ratio of seawater is still under
debates (Coggon et al., 2010; Broecker and Yu, 2011).
The consistence between modeled Mg concentration of seawater and that reconstructed from ﬂuid inclusion may provides clues to resolve the processes that modulate the
secular variations of Mg concentration and thus Mg/Ca ratio of seawater. The modeled increasing Mg concentration
of seawater is largely driven by increasing weathering of
carbonate (Fig. 2) since carbonate weathering is the most
important Mg source to the ocean (Table 3). Contribution
of decreasing spreading rate of sea ﬂoor and thus
hydrothermal activity is very small since increasing Mg
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concentration of seawater has largely compensated the
hydrothermal sink of Mg.
One may argue that increasing Mg/Ca ratio of seawater
may not favor an increasing weathering of carbonate rock
with Mg/Ca ratio much lower than seawater (Coggon
et al., 2010). However, Ca released by carbonate weathering
will be precipitated rapidly as carbonate due to the instantaneous balance of alkalinity, leaving the Mg in oceans pending
for later sink. As formation of dolomite is not widespread
during the Cenozoic, the increasing Mg ﬂux associated with
carbonate weathering was accumulated in the ocean, which
ultimately increases Mg/Ca ratio of seawater.
5. CONCLUSIONS
Reverse calculation based on marine C, Sr and Os isotopic records and spreading rate of sea ﬂoor indicates that
increasing physical erosion is the most prominent driver
for cycling of carbon and Mg over the past 100 million
years. Weathering of continental rocks are largely promoted by the increasing physical erosion in response to
the widespread mountain building of Cenozoic. Elevated
carbonate weathering and thus release of Mg may have
contributed to the raising Mg concentration of seawater.
Disturbances of atmospheric CO2 cycle, which are induced
either by increasing weathering continental silicate rocks or
by the changes of volcanic degassing and growth of organic
reservoir, have been balanced by the rapid adjustment of island basalt weathering. The kinetically controlled weathering of island basalt, which is sensitive to pCO2 or the pCO2controlled environmental factors, may have facilitated the
rapid adjustment of island basalt weathering to compensate
the disturbance of atmospheric CO2 balance.
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(2003) Basalt weathering laws and the impact of basalt
weathering on the global carbon cycle. Chem. Geol. 202, 257–
273.
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