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Post-seismic and interseismic fault creep I: model description
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S U M M A R Y
We present a model of localized, aseismic fault creep during the full interseismic period, in-
cluding both transient and steady fault creep, in response to a sequence of imposed coseismic
slip events and tectonic loading. We consider the behaviour of models with linear viscous,
non-linear viscous, rate-dependent friction, and rate- and state-dependent friction fault rhe-
ologies. Both the transient post-seismic creep and the pattern of steady interseismic creep
rates surrounding asperities depend on recent coseismic slip and fault rheologies. In these
models, post-seismic fault creep is manifest as pulses of elevated creep rates that propagate
from the coseismic slip, these pulses feature sharper fronts and are longer lived in models
with rate-state friction compared to other models. With small characteristic slip distances in
rate-state friction models, interseismic creep is similar to that in models with rate-dependent
friction faults, except for the earliest periods of post-seismic creep. Our model can be used
to constrain fault rheologies from geodetic observations in cases where the coseismic slip
history is relatively well known. When only considering surface deformation over a short pe-
riod of time, there are strong trade-offs between fault rheology and the details of the imposed
coseismic slip. Geodetic observations over longer times following an earthquake will reduce
these trade-offs, while simultaneous modelling of interseismic and post-seismic observations
provide the strongest constraints on fault rheologies.

Key words: Seismic cycle; Rheology and friction of fault zones; Dynamics and mechanics
of faulting.

1 I N T RO D U C T I O N

Geodetic observations in seismogenic plate boundaries record de-
formation during various phases in the seismic cycle, including
coseismic, post-seismic and interseismic deformation. Ignoring the
details of the earthquake process, coseismic deformation is mani-
fest in geodetic observations as instantaneous offsets. On the other
hand, geodetic observations of post-seismic deformation record a
rich transient mechanical response of the lithosphere, while the de-
formation observed during the later interseismic period is nearly
steady in time. The term ‘interseismic’ often refers to the secular,
steady deformation recorded late in a seismic cycle. Here we con-
sider both transient and secular deformation to be interseismic, and
we use ‘interseismic period’ to refer to the entire period between
earthquakes. We use post-seismic to specifically refer to transient
deformation immediately following earthquakes.

We develop a model of localized, aseismic fault creep during
the full interseismic period, including both transient and steady
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localized fault creep. (Throughout this paper we use ‘creep’ to refer
to aseismic fault slip.) We do not solve for phenomena associated
with the earthquake process (nucleation, seismic slip propagation,
etc.), rather our model only includes creep in response to repeated
earthquakes on the fault and loading of the fault. We present this
more limited model in order to explore interseismic creep following
known earthquakes, and to eventually be used to constrain fault zone
properties from geodetic observations.

Coseismic, post-seismic, and interseismic deformation are intri-
cately linked, with post-seismic deformation caused by coseismic
stress changes, and interseismic deformation the result of transient
deformation due to all previous earthquakes plus tectonic loading
(e.g. Hetland & Hager 2006b). Ideally a comprehensive model of
deformation throughout the entire earthquake cycle would include
all three of these phases of deformation (e.g. Rice 1993; Lapusta
et al. 2000; Liu & Rice 2005; Hori 2006; Kato 2008). However,
these models contain so much inherent physical complexity that it
is difficult to tie specific calculations of interseismic deformation to
known earthquake sequences.

A truly comprehensive model of seismic cycle deformation
would also include both off-fault (e.g. Jónsson et al. 2003; Freed
& Bürgmann 2004; Hetland & Hager 2005; Savage et al. 2005)
and fault zone rheologies (e.g. Marone et al. 1991; Rice 1993;
Montési 2004a). However, there are many instances where only
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localized fault creep is sufficient to explain available observations.
For example, geodetic observations of both transient post-seismic
and steady interseismic observations at Parkfield, CA, can be ex-
plained by models with only fault creep (e.g. Marone et al. 1991;
Murray et al. 2001; Johnson et al. 2006; Freed 2007). Following
larger continental earthquakes, a single mechanical response of the
lithosphere is often insufficient to fully describe either post-seismic
(e.g. Fialko 2004; Freed et al. 2006; Hearn et al. 2009) or inter-
seismic (e.g. Johnson & Segall 2004) deformation, although the
earliest post-seismic deformation can frequently be described by
creep of the fault (e.g. Hearn et al. 2002; Montési 2004a; Perfettini
& Avouac 2007). In subduction zones, several models have success-
fully described both transient post-seismic and steady interseismic
deformation with only localized fault creep (e.g. Miyazaki & Heki
2001; Wang et al. 2003; Miyazaki et al. 2004; Norabuena et al. 2004;
Bürgmann et al. 2005; Hsu et al. 2006; Suwa et al. 2006). Several
post-seismic and interseismic models have been proposed which in-
clude only off-fault rheologies (e.g. Matsu’ura & Sato 1989; Suito &
Hirahara 1999; Wang et al. 2001; Ogawa & Heki 2007), and several
authors have concluded that off-fault rheologies may be impor-
tant for steady interseismic deformation in subduction zones (e.g.
Savage 1995; Wang 1995; Azúa et al. 2002). However, Thatcher &
Rundle (1984) showed that surface deformation is similar in mod-
els with only off-fault viscoelasticity or only time-dependent fault
creep, and many authors approximate off-fault rheologies at depth
with fault zone creep (e.g. Wang et al. 2003; Perfettini et al. 2005;
Wang 2007). The relative role of off-fault and fault zone deforma-
tion during the seismic cycle is an open question, and the success of
a certain class of mechanical models to explain geodetic observa-
tions does not necessarily imply that the rheologies in those models
are correct. Nevertheless, in this paper we assume that fault creep
is the dominant mechanical response of the lithosphere, and that
off-fault deformation at depth can be approximated by creep on a
deep fault.

Several authors have proposed post-seismic models where creep
is a function of the fault traction, including coseismic shear stress
changes, and the rheological properties of the fault (e.g. Hearn
et al. 2002; Johnson et al. 2006; Perfettini & Avouac 2007;
Barbot et al. 2009). Researchers have also tested inferred post-
seismic creep in kinematic models for consistency with fault rhe-
ologies (e.g. Miyazaki et al. 2004; Hsu et al. 2006). Post-seismic
models containing only localized fault creep were motivated by the
spring-and-slider post-seismic model of Marone et al. (1991), and
some researchers continue to use spring-and-slider models to ei-

ther describe post-seismic deformation or supplement 3-D models
(e.g. Miyazaki et al. 2004; Montési 2004a; Perfettini et al. 2005; Hsu
et al. 2006; Johnson et al. 2006, Fukuda et al. 2007). Spring-and-
slider models are analytically and computationally simple, and thus
are powerful tools for exploring a wide range of fault rheologies;
however, spring-and-slider models lack the geometric complexity
required to model surface deformation with a consistent model
(e.g. Hetland & Hager 2006a; Johnson et al. 2006).

Most proposed 3-D post-seismic slip models do not attempt to
describe the near steady interseismic deformation observed before
earthquakes. Without prior knowledge of the initial conditions, au-
thors often use simple, ad hoc physically based arguments to de-
termine initial stresses. Alternatively, one could include the initial
stresses as free parameters when describing the post-seismic ob-
servations. However, there are potentially strong trade-offs between
pre-stresses and inferred rheological parameters, and ideally, the
initial stresses in a post-seismic model should be a consequence of
the long-term deformation of the system. In our model, the stresses
at any time result from all past fault slip, and thus our model can be
used to constrain fault rheologies from geodetic observations, using
internally consistent initial conditions.

In this paper, we present and discuss our model formulation and
assumptions, emphasizing the importance of various choices that
must be made in our model, as well as the role of model spin-up, the
size of the computational domain, and the pattern of interseismic
creep for various fault rheologies. In a companion paper (Hetland
& Simons, Interseismic and Post-seismic Fault Creep II: Transient
Creep and Stress Shadows on Megathrusts; hereafter referred to as
Paper 2), we use this model to illustrate interseismic strain accumu-
lation in subduction zones under a variety of synthetic scenarios, and
to investigate the mechanics of megathrusts during the interseismic
period.

2 M O D E L F O R M U L AT I O N

Our interseismic creep model is based on a finite fault embedded
in an elastic medium (Fig. 1). We do not differentiate between a
fault plane or a finite thickness fault zone, and thus for fault zone
thickness h and characteristic fault dimensions D, we assume that
h � D. We consider both strike-slip and dip-slip fault creep. We
assume a homogeneous Poisson half-space in all calculations in this
paper, but our model formulation is valid for any Poisson ratio or
linear elastic medium. In the following subsections, we separately
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Figure 1. (a) Cartoon of fault model presented in this paper, including contours of coseismic slip and the location of an asperity; barbed line is the fault trace.
(b) Blow up of fault patch shown in (a), with a locally orthogonal coordinate system.
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Table 1. Model parameters: i or j = s, d or n denotes the components in
the local strike-slip, dip-slip or fault normal directions.

D Characteristic model dimension
h Fault zone thickness
Lb Critical fault dimension
Lτ Dimension of coseismic traction perturbations on the fault
si(ζ , t) Aseismic fault creep
s�

i (ζ , t) Total coseismic slip and aseismic creep
so Characteristic coseismic slip
Si(ζ ) Imposed coseismic fault slip
t Time
T Characteristic timescale
vi(ζ , t) Creep rate, dsi

dt
Vi Fault loading rate
vT = so/T , characteristic slip rate
uk Surface displacements
wk Surface velocities
� Finite fault plane (or fault zone)
�∞ Semi-infinite extension of �

μ Shear modulus
σE(ζ ) Effective normal stress across the fault
τ i(ζ , t) Traction resolved on the fault
ζ General fault coordinates

address fault traction, fault rheology, the numerical solution and the
calculation of surface displacements.

2.1 Fault traction

For time-dependent fault slip or creep, s�
j ( j = s or d representing

strike- and dip-slip, respectively, and superscript � signifies that s
includes both coseismic slip and aseismic creep; see Table 1 for list
of model symbols), the ith component of the traction on the fault
plane (i = s or d representing shear traction on the fault in the strike
or dip directions, or i = n representing fault normal traction with
τ n > 0 compressive) is

τi (ζ, t) =
∫

�

s�
j (ξ, t)K ji (ζ ; ξ )dξ, (1)

where K is the stress kernel, and � is an arbitrarily shaped finite
fault, with general coordinates ζ , embedded in an elastic medium
(Fig. 1a). The strike-slip direction is defined as the slip locally
tangent to the fault plane and parallel to the surface, while the dip-
slip component is orthogonal to the strike-slip direction (Fig. 1b).

Eq. (1) ignores fault loading, which can be introduced in two
mathematically equivalent ways. For the first, we define the semi-
infinite extension of �, �∞, such that � ∪ �∞ entirely cuts the
elastic medium. Imposing that slip on �∞ is uniform at the constant
slip rate Vj, the fault traction on � is given by

τi (ζ, t) =
∫

�

s�
j (ξ, t)K ji (ζ ; ξ )dξ +

∫
�∞

t Vj K ji (ζ ; ξ )dξ. (2)

For planar faults and constant slip S,
∫

�
SK dξ +∫

�∞ SK dξ = 0,
which states that constant fault offset does not result in an accumu-
lation of stress. Assuming the cumulative fault offset over many
earthquakes does not result in an accumulation of stress, we can
rearrange eq. (2) as

τi (ζ, t) =
∫

�

[s�
j (ξ, t) − t Vj ]K ji (ζ ; ξ )dξ, (3)

and thus, τ is given by integration only over the finite fault, with s −
tV being the so-called back-slip, a common fault loading condition
used in dynamic earthquake models (e.g. Rice 1993; Lapusta &

Rice 2003; Liu & Rice 2005; Hillers & Wesnousky 2008; Perfettini
& Ampuero 2008). An alternative is to load the fault by far-field
boundary conditions, but in this model we only consider faults
loaded via back-slip—we remark further on this restriction later.

Eq. (3) is the basic equation of motion introduced by Rice (1993),
although he augmented it by including a damping term that approx-
imates dynamic effects due to radiation of seismic energy (Rice
1993; Ben-Zion & Rice 1995). The damping term limits fault slip
rates from becoming unbounded during earthquake calculations
(e.g. Rice 1993; Lapusta et al. 2000), and because we are only
concerned with fault creep at subseismic rates, we do not include
radiation damping.

We explore the class of models in which given regions of the fault
only slip during earthquakes. We refer to the regions where the accu-
mulated slip deficit due to fault loading is entirely accommodated by
earthquakes as ‘asperities’. Our definition of asperities is based on
the common usage in seismology (e.g. Aki 1984; Kanamori 1986;
Bilek & Lay 2002), although we restrict our definition to refer to
regions with no, or negligible, interseismic creep. We use ‘transi-
tion regions’ to refer to regions of the fault that experience both
significant coseismic slip and interseismic creep. The locations of
asperities are not explicitly defined during model setup, rather they
are implicit through our specification of the coseismic slip history
and fault loading. In general, we solve for interseismic creep over
the entire fault plane, although to simplify calculations, we often do
not solve for creep within the entire asperities which do not creep
between imposed earthquakes. We denote coseismic slip in the j
direction and in the pth earthquake as Sjp(ζ , t), which we assume
is instantaneous. Our methodology is applicable to the imposition
of time-dependent slip in the quasi-static approximation (i.e. slow
slip episodes), although we do not consider such imposed slip here.
Including unknown interseismic creep, sj, imposed coseismic slip,
and fault-loading via back-slip, traction on the fault becomes,

τi (ζ, t) =
∫

�

s j (ξ, t)K ji (ζ ; ξ )dξ +
∑

p

∫
�

Sjp(ξ, t)K ji (ζ ; ξ )dξ

−
∫

�

tVj K ji (ζ ; ξ )dξ. (4)

2.2 Fault rheologies

The traction on the fault, τ i(ζ , t), is related to the creep rate of the
fault, vi(ζ , t), through the fault rheology. To determine the fault
creep and creep rate, we simultaneously solve eq. (4) and the fault
constitutive equation, assuming co-linearity of fault traction and
creep rate. We consider four fault rheologies: linear viscous, non-
linear viscous, rate-dependent friction and rate- and state-dependent
friction—we refer to the latter two rheologies simply as ‘RD friction’
and ‘RS friction’. We non-dimensionalize by the shear modulus, μ,
a model dimension, D, a slip distance, so, a time, T , and a slip rate,
vT , and we denote the non-dimensionalized variables with a prime
(Table 2). Typically, D is a characteristic dimension of an asperity,
so is a characteristic coseismic slip, T is a characteristic earthquake
recurrence time, and vT = so/T is the fault loading rate (i.e. the far
field velocity).

2.2.1 Linear viscous

The simplest fault rheology is the linear relation

v(ζ, t) = τ (ζ, t)/α1(ζ ), (5)
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Table 2. Non-dimensional model parameters.

s′ = s/so t ′ = t/T
L ′ = L/so L ′

b = Lb/D
L ′

τ = Lτ /D v′ = v/vT = vT /so

w′ = w/vT α′ = αD/μso

σ ′ = σ D/μso θ
′ = θ/T

τ ′ = τ i D/μso ζ ′ = ζ/D

Notes: D is a characteristic dimension of an asperity or an earthquake, so is
a characteristic coseismic slip, T is a characteristic earthquake recurrence
time and vT = so/T is the fault loading rate.

Table 3. Notation used to describe fault rheological parameters.

Viscous rheologies

n Exponent of non-linear viscous rheology, n = 1 is linear viscous
α1 Strength term in linear viscous rheology (α1 = η/h)
αn Strength term in non-linear viscous rheology
η Fault zone viscosity

Frictional rheologies

a, b RS friction material properties
f Fault friction
fo Reference fault friction
L Characteristic slip distance in RS friction
vo Reference slip velocity in frictional fault rheologies
α = aσE in RS friction
αh =(a − b)σE in RD friction
γ = b/a
� =|v|θ/L
ρ = fo/a in RS friction
ρh = fo/(a − b) in RD friction
θ RS friction state variable

Note: See Table 2 for non-dimensional variables.

where α1 is a parameter controlling the strength of the fault (see
Table 3 for notation of fault rheological parameters). For a fault
zone of thickness h and viscosity η, α1 = η/h, and a decrease in α1

is equivalent to a decrease in the fault zone viscosity, and results in
larger creep rates for a given fault traction (e.g. Hearn et al. 2002;
Montési 2004a). (Note that we assume that h � D, and neither h
nor η are explicitly included in these calculations.) In general, α1

might depend on the effective fault normal traction as well, but we
do not consider it here. In non-dimensional form

v′(ζ ′, t ′) = τ ′(ζ ′, t ′)/α′
1(ζ ′), (6)

where

α′
1 = α1vT

D

μso
= D

h

η

T μ
. (7)

The parameter α′
1 is similar to the inverse of the Savage parameter,

which is defined for models of a faulted elastic layer over a Maxwell
viscoelastic half-space, and is the ratio of the earthquake recurrence
time to the steady relaxation time of the lithosphere (Savage &
Prescott 1978; Hetland & Hager 2006b).

2.2.2 Non-linear viscous

The next level of complexity in a fault rheology is the non-linear
viscous, or power-law, rheology. The non-linear viscous rheology
was proposed by Montési & Hirth (2003) as appropriate for duc-
tile shear zones, where the effective viscosity of the fault zone
decreases at high traction. Montési & Hirth (2003) also considered
grain size to vary in response to traction; however, in this paper we
follow Montési (2004a) and consider a simplified form of the non-
linear viscous rheology. Montési (2004a) argued that this rheology

is appropriate to post-seismic timescales, and using a 1-D spring-
and-slider model, he successfully fit geodetic time-series following
several continental and subduction zone earthquakes. A non-linear
viscous fault rheology can be expressed as

v(ζ, t) = τ n(ζ, t)/αn(ζ ), (8)

where n is a constant, and αn effectively controls the strength of the
fault. When n = 1, the non-linear viscous rheology reduces to the
linear viscous rheology. The non-dimensional form of eq. (8) is as
in eq. (6), with

α′
n(ζ ′) = αnvT

(
D

μso

)n

. (9)

2.2.3 Rate-dependent friction

RD friction is occasionally referred to as ‘hot friction’ by some
researchers (e.g. Linker & Rice 1997; Hearn et al. 2009), as it
may be appropriate for high temperature faults. RD friction is a
restricted form of RS friction, hence it is often considered after RS
friction is introduced. However, in this paper we discuss RD friction
before RS friction (we refer readers to Rice & Gu 1983; Marone
et al. 1991) for the derivation of RD friction from RS friction).
Marone et al. (1991) first proposed an RD friction fault rheology
in a spring-and-slider model to explain geodetic observations of
post-seismic deformation following the 1966 Parkfield earthquake,
although several researchers have subsequently appealed to RD
friction in 3-D models of post-seismic deformation (e.g. Hearn
et al. 2002, 2009; Perfettini & Avouac 2004; Barbot et al. 2009).
Montési (2004a) demonstrated that a spring-and-slider model with
a non-linear viscous rheology is the same as the deformation in an
RD frictional model when n → ∞.

In RD friction, the relationship between fault creep rate and
traction is

v(ζ, t) = sgn{τ (ζ, t)} vo exp

{ − fo

a − b

}
exp

{ |τ (ζ, t)|
(a − b)σE (ζ )

}
, (10)

where vo and fo are a reference velocity and friction, respectively,
a and b are dimensionless constants, and σ E is the effective normal
stress across the fault (e.g. Marone et al. 1991). a, b and fo can
vary over the fault, but for simplicity we do not write them as
spatial functions. In general, σ E is also a function of time, given
by σ E(ζ , t) = σ o(ζ ) + τ n(ζ , t), where σ o is a nominal normal
stress (including both lithostatic stresses and fault pore pressures)
and τ n is the change in normal traction due to fault slip, as defined
in eq. (4). Indeed, time-dependent slip on a fault leads to variations
in normal traction on portions of the fault, and these variations may
be significant, particularly in subduction zones (e.g. Wang & He
2008). When a − b < 0, an increase in v corresponds to a decrease
in τ , and the fault is velocity weakening, and when a − b > 0,
increasing v corresponds to increasing τ , and the fault is velocity
strengthening (e.g. Scholz 1998).

Eq. (10) leads to the unphysical behaviour that v(τ = 0) 	= 0 and
v(τ = 0+) 	= v(τ = 0−), which we avoid by replacing exp{τ/(a −
b)σ E} with 2sinh{τ/(a − b)σ E} in eq. (10) (e.g. Rice & Ben-Zion
1996; Lapusta et al. 2000). The functional change is motivated by
thermally activated creep at low traction (e.g. Rice et al. 2001), and
is only important for |τ | < (a − b)σ E. Defining αh ≡ (a − b)σ E and
ρh ≡ fo/(a − b), and replacing exp{. . .} with 2sinh{. . .}, eq. (10)
becomes

v(ζ, t) = 2voe−ρh (ζ ) sinh

{
τ (ζ, t)

αh(ζ )

}
. (11)

C© 2010 The Authors, GJI, 181, 81–98

Journal compilation C© 2010 RAS



Interseismic fault creep I 85

Taking the reference velocity as the model characteristic fault
slip rate (vo = vT ), and where α′

h = (a − b)σ ′
E, the non-dimensional

form of RD friction is

v′(ζ ′, t ′) = 2e−ρh (ζ ′) sinh

{
τ ′(ζ ′, t ′)
α′

h(ζ ′)

}
. (12)

For a given fault traction, the slip rate decreases as α′
h increases, and

thus α′
h can be viewed similar to α′

n in the viscous rheologies above.
The average traction supported on a mature fault is given by α′

hρh,
although α′

h has a greater effect on the variation of creep throughout
the interseismic period. Laboratory studies suggest (a − b) ≈ 10−2

(e.g. Blanpied et al. 1991; Marone 1998a), and taking fo ≈ 0.1–1,
ρh ≈ 10–100. The effective normal traction on a fault is usually
assumed to be of order 101–102 MPa (e.g. Rice 1993; Lapusta &
Rice 2003), so αh ≈ 105–106 Pa. Assuming μ ≈ 1010 Pa, so ≈ 10
m and D ≈ 104 m, α′

h ≈ 10−2–10−1.

2.2.4 Rate-state friction

RS friction was developed empirically (e.g. Dieterich 1979; Ruina
1983), and has been described in detail by numerous researchers
(see references in Marone 1998a; Rice et al. 2001). The majority
of studies have focused on the velocity weakening regime and the
earthquake process itself, although there are some notable excep-
tions, including Perfettini & Ampuero (2008) and Helmstetter &
Shaw (2009). In RS friction, the fault friction, f , is given by

f = fo + a ln

{
v

vo

}
+ b ln

{
voθ

L

}
, (13)

where θ is a frictional state parameter, L is a state evolution distance,
fo and vo are reference friction and velocity, respectively, and a and
b are material parameters. For our purposes it is useful to consider
the inverse of eq. (13). Noting that τ = f σ E and accounting for
creep at low traction, we find

v(ζ, t) = 2voe−ρ(ζ ) sinh

{
τ (ζ, t)

α(ζ )

} [
voθ (ζ, t)

L(ζ )

]−γ (ζ )

, (14)

where we define ρ ≡ fo/a, α ≡ aσ E and γ ≡ b/a.
The evolution of the state variable can be described by the so-

called ‘slip law’ or ‘aging law’ (e.g. Marone 1998a). The slip
law may be a more appropriate representation of the state evolu-
tion during earthquake nucleation and slip (e.g. Ampuero & Rubin
2008), while the aging law may be more appropriate to describe the
state evolution during interseismic periods (e.g. Marone 1998a).
Throughout this study, we do not consider earthquake nucleation or
slip during earthquakes, so we only consider the aging law, given
by

∂θ (ζ, t)

∂t
= 1 − |v(ζ, t)|θ (ζ, t)

L(ζ )
(15)

(see references in Marone 1998a).
For velocity strengthening (weakening), γ < 1 (γ > 1). Both α

and ρ have similar roles as αh and ρh in RD friction, where αh =
α(1 − γ ), ρh = ρ/(1 − γ ), and αhρh = αρ. We discuss the role of L
and γ later. Taking vo = vT , the non-dimensional forms of eqs (14)
and (15) are

v′(ζ ′, t ′) = 2e−ρ(ζ ′) sinh

{
τ ′(ζ ′, t ′)
α′(ζ ′)

} [
θ ′(ζ ′, t ′)

L ′(ζ ′)

]−γ (ζ ′)
(16)

and

∂θ ′(ζ ′, t ′)
∂t ′ = 1 − |v′(ζ ′, t ′)|θ ′(ζ ′, t ′)

L ′(ζ ′)
, (17)

where θ ′ = θ/T , L ′ = L/so, α′ = aσ ′
E, and all other terms are

as defined above. Roughly a ≈ 0.015 and (a − b) ≈ 0.000–0.015
in velocity strengthening regions, so that b varies between 0.000
at depth and 0.015 at the surface (Blanpied et al. 1991), so ρ ≈
10–100 assuming fo ≈ 0.1–1. For σ E ≈ 101–102 MPa, so ≈ 10 m,
and D ≈ 104 m, α ≈ 105–106 Pa and α′ ≈ 10−2–10−1. L has
been inferred to be about 10−6–10−4 m in experimental studies
(e.g. Marone 1998a), although Marone & Kilgore (1993) suggested
that L may be of order 10−2 m in natural faults. Some researchers
have argued that the experimental values are more appropriate for
natural faults (e.g. Lapusta & Rice 2003), and Tinti et al. (2009)
pointed out that determination of L from records of earthquakes is
an ongoing problem. Assuming so ≈ 10 m and L between 10−6 and
10−2 m, L ′ is about 10−7–10−3. In practice, calculations with L ′ this
low are too computationally burdensome (see also discussions in
Rice 1993; Lapusta & Rice 2003), and we take L ′ > 10−2 for most
of the models we consider. We explore the assumption of using such
large values of L ′ below. When ∂θ ′(ζ ′,t ′)

∂t ′ � 1, � ≡ θ ′v′/L ′ ≈ 1 and
for |τ ′| > α′ eq. (16) is approximately eq. (12) with ρh = ρ/(1 −
γ ) and α′

h = α′(1 − γ ). We also note that α′ is in general a function
of time since σ ′

E(ζ ′, t ′) = σ ′
o(ζ ′) + τ ′

n(ζ ′, t ′), where σ ′
o is a nominal

normal traction and τ ′
n(ζ ′, t ′) is the normal traction on the fault due

to fault slip.

2.3 Numerical solution

We use the analytic expressions of Okada (1992) to determine K
for a spatially discretized fault in a homogeneous Poisson elastic
half-space. The solution of Okada (1992) is for rectangular dislo-
cations, and in this paper we only consider planar faults that are
discretized using rectangular patches. For non-planar faults in an
elastic half-space, we could use the analytic expressions for trian-
gular dislocations given by Meade (2007) in order to calculate K,
although K could also be determined using point sources, propa-
gator matrix methods, boundary element models, or finite element
models. We evaluate K at the centre points of the discretized fault
cells, and we solve a discretization of eq. (4), together with the fault
constitutive equation, for creep during the interseismic period. We
use a Runge–Kutta method with variable time stepping to evolve
the system of equations through time (e.g. Dormand 1996; Noda
et al. 2009). With this technique, time steps decrease (increase) as
creep rates increase (decrease), and variable time steps lower the
computational cost of the solution dramatically. All calculations in
this paper are done using Matlab.

2.4 Surface displacements

Once we know the fault slip through time, we can determine the
time-dependent surface displacements by

ui (x, t) =
∫

�

s�
j (ξ, t)G ji (x, ξ )dξ +

∫
�∞

tVj G ji (x, ξ )dξ, (18)

where Gji are Green’s functions. We use a discretized form of
eq. (18) corresponding to the discretization of eq. (4), and Gji is
determined in the same way as Kji. The cumulative surface dis-
placements over many mature seismic cycles predicted by eq. (18)
is block-like deformation across the fault. In this paper, we only
consider strike-slip faults, although our model is also applicable to
reverse faults. For reverse faults, block-like deformation is uplift of
the hanging-wall relative to the footwall (Fig. 2a). On the other hand,
the cumulative deformation expected in a subduction system does
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a) b)

Figure 2. Cartoons of the cumulative block-deformation in a continental
thrust fault (a) and subduction system (b).

not have any net vertical offset across the trench (Fig. 2b). Long-
term subduction block-like motion can be achieved by including
dislocations that are assumed to approximate the deformation at
the base of the subducting elastic plate (Kanda & Simons 2010).
Kanda & Simons (2010) show that if the plate bending stresses are
either negligible or are released continuously throughout the seis-
mic cycle, then the predicted surface deformation on the arc-side is
identically equal to the surface deformation given by the equivalent
back-slip (the surface displacements on the plate-side differ by a
constant offset). Hence, for the surface deformation on the arc-side
of a subduction system, we subtract slip due to fault loading from
(18) to give

ui (x, t) =
∫

�

[s�
j (ξ, t) − tVj ]G ji (x, ξ )dξ. (19)

Note that, in contrast to the traction on the fault,
∫

�
SGdξ +∫

�∞ SGdξ = U for constant slip S, and in general U 	= 0. In
other words, complete slip of a plane bisecting an elastic half-space
does not result in zero surface deformation. In the model of Kanda &
Simons (2010), U = 0 on the arc-side for all components of defor-
mation, while on the plate-side, U = 0 for the vertical components
and U = V for the trench normal horizontal component.

3 S P I N - U P, C O S E I S M I C S L I P
A N D M O D E L D O M A I N

We explore several features of our model formulation, including
model spin-up, imposed coseismic slip and finite fault size. For
illustrative purposes, we only consider 2-D vertical strike-slip faults,
with infinite length aligned along the x-axis, in all calculations in
this paper. The application of this model to 3-D reverse faults is
presented in Paper 2. For simplicity, we drop the subscript s on all
model results, and it is understood that they are in the fault strike-
slip component. We periodically impose an earthquake, with period
T , and we assume that coseismic slip is uniform within the asperities
with magnitude of so, and tapers to zero outside of the asperities.
We load the fault by steady creep at rate vT = so/T below z′ = −14.
This depth is sufficiently deep such that the model results are not
artificially affected by the imposed steady creep (see Section 3.3).

3.1 Model spin-up

After a series of imposed earthquakes, the model matures and inter-
seismic creep is no longer dependent on initial conditions; we refer
to this process as model spin-up. In the case of periodic earthquakes
in time, the model spins-up such that the deformation throughout
the interseismic period is cycle invariant (i.e. the same in all seismic
cycles). Because we neglect instabilities associated with earthquake
rupture nucleation and we only consider velocity strengthening rhe-
ologies, all of the models that we explore have a cycle invariant state.
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Figure 3. (a) Coseismic slip, S′, on a 2-D strike-slip fault. (b) Coseismic
fault traction, τ ′, due to slip in (a). Shaded region in both panels signifies
the asperity.

The concept of spin-up also holds for non-periodic earthquake se-
quences, as long as the cumulative coseismic slip over some number
of seismic cycles equals slip due to fault loading. Spin-up can be
thought of as the time required for the regions of the model away
from the asperities and fault boundaries to equilibrate with the
model forcings (applied coseismic slip and fault loading). Models
with stronger faults, or with greater distances between the bound-
aries and the asperities, take longer to spin-up. While all models
shown in this paper assume periodic earthquakes, our model formu-
lation is applicable to non-periodic earthquake sequences. Spin-up
in these models is qualitatively similar to spin-up in layered vis-
coelastic models, and we refer readers to Hetland & Hager (2006b)
for a discussion of spin-up in models with viscoelastic rheologies
and either periodic or non-periodic earthquake sequences. We spin-
up these models by repeated application of coseismic slip; however,
models in which coseismic slip is kinematically imposed once a
stress threshold has been reached, also spin-up in a similar fashion
(DiCaprio et al. 2008).

We demonstrate spin-up from an initially unstressed fault, us-
ing a 2-D strike-slip model with the coseismic slip distribution in
Fig. 3(a). By the nomenclature used in this paper, we refer to the
depth range −1 < z′ < 0 as the model asperity, because at these
depths imposed coseismic slip is sufficient to match the fault load-
ing. This coseismic slip distribution is chosen somewhat arbitrarily
so that the traction due to the coseismic slip is bounded (see Sec-
tion 3.2). Over a small region of the fault closest to the asperity, the
traction following coseismic slip may be negative (Fig. 3b), and the
fault may post-seismically creep opposite to the sense of coseismic
slip. However, once spun-up, any regions of negative traction and
creep become negligible.

In Fig. 4, we show the evolution of fault traction during the spin-
up of models with linear viscous, non-linear viscous, RD friction,
and RS friction fault rheologies. Our purpose here is not to compare
different fault rheologies, rather, we choose the rheological param-
eters arbitrarily for clarity of the figures. During spin-up, the fault
traction adjusts from the initial conditions to the cycle invariant fault
traction. Once the model matures, the cycle invariant traction on the
fault varies throughout the interseismic period, and the traction at the
end of an entire seismic cycle is identical to the traction prior to the
previous earthquake in that cycle. In a model with an RS frictional
fault, the state variable also evolves as the model spins-up, and once
fully spun-up, θ falls into the quasi-steady state of cycle invariance
(Fig. 4c). The time average cycle invariant fault traction, τ steady, is
the traction required for the fault to creep steadily at vT . For viscous
faults, τ steady = (α′

n)1/n, for RD friction faults, τ steady = ρhα
′
h, and
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Figure 4. (a) and (b) Shear traction on the fault during spin up at z′ = −1.5 (a) and z′ = −3.0 (b) in models with a linear viscous (α′
1 = 0.1), non-linear

viscous (α′
3 = 0.1, n = 3), RD frictional (ρh = 10, α′

h = 0.1), or RS frictional (ρ = 10, α′ = 0.1, L ′ = 0.05, γ = 0.9) fault rheologies. (c) � during spin-up of
the RS frictional model. Model geometry and coseismic slip are shown in Fig. 3(a).

Figure 5. Fault creep rate in models depicted in Fig. 4, during the initial (a–d) and mature (e–f) seismic cycles. Black solid lines are the v′ = 1 isovelocity
contours (i.e. velocity is equal to the long term plate rate), and dotted lines indicate the depth of the maximum creep rate at each time step.

for RS friction fault, τ steady = ρα′. Initially pre-stressing the fault at
τ steady reduces the spin-up time to a few seismic cycles.

During spin-up, the behaviour of fault creep also changes, both
spatially and temporally. Initially after the first earthquake, post-
seismic creep is localized near the asperity, with a greater degree
of localization in models with non-linear fault rheologies (both vis-
cous and frictional; Fig. 5). In a mature seismic cycle there is larger
post-seismic creep away from the asperities than in cases when the
model is not spun-up (Fig. 5). In models with non-linear fault rhe-
ologies, the post-seismic creep in a mature cycle varies less rapidly
than in the initial cycle (Fig. 5), because in a mature cycle the trac-
tion before the earthquake is larger than in the initial cycle (Fig. 4).
Once spun-up, post-seismic creep forms a spatio-temporal creep
pulse (Figs 5e–h). The speed with which the pulse propagates away
from the coseismic slip, and the spatial breadth of the pulse, de-
pend mainly on the type of fault rheology, although the rheological

parameters also affect the spatio-temporal pattern of post-seismic
creep (we explore the dependence of the post-seismic creep on rhe-
ological parameters in Section 4). Later in the interseismic period,
as the post-seismic creep pulse propagates away from the asperity,
the fault creeps at a rate below the loading rate near the asperity.
This slowing of the creep rates late in a seismic cycle can result in
the fault appearing locked over a region larger than the eventual co-
seismically active region. We remark further on the time-dependent
expansion of apparent fault locking and its implication on subduc-
tion zone studies in Paper 2.

3.2 Imposed coseismic slip

It is unlikely that during an earthquake there is only coseismic slip
within asperities, although the extent that coseismic slip extends
into non-asperity regions depends on the frictional properties in
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and at the edges of the asperities (e.g. Boatwright & Cocco 1996;
Lapusta & Rice 2003; Tinti et al. 2005; Hillers & Wesnousky 2008).
In our model, we apply coseismic slip in asperities, and we can
taper coseismic slip into non-asperity regions. Large spatial gradi-
ents in coseismic slip lead to large coseismic traction change, and
in the extreme case where we apply uniform coseismic slip only
within the asperity, the traction is singular at the asperity bound-
aries (e.g. Okada 1992). Large traction resulting from unphysically
large spatial gradients in imposed coseismic slip, result in unphys-
ically high post-seismic creep rates. We do not interpret these high
creep rates to have any geophysical meaning, and their result is
to rapidly smooth out artificially large gradients in coseismic slip.
Indeed, the exact pattern of coseismic slip depends on the frictional
properties of the fault, and the heterogeneous properties in the ve-
locity strengthening regions adjacent to velocity weakening regions
has a strong influence on the amount coseismic slip extends into
the velocity strengthening regions (e.g. Boatwright & Cocco 1996;
Tinti et al. 2005; Hillers & Wesnousky 2008).

For spatially discontinuous coseismic slip imposed in these mod-
els, the immediate post-seismic creep rates can be more than 1010vT ,
which is roughly 10 m s−1 for vT = 3 m/100 yr. Average seismic slip
rates are usually observed to be about 1 m s−1 (e.g. Heaton 1990),
which is about 109vT , assuming vT = 3 m/100 yr. The extremely
high creep rates resulting from discontinuous coseismic slip are
localized near large coseismic slip discontinuities, and commonly
by about t ′ = 10−6 the creep rates decrease to reasonable post-
seismic creep rates (for a 100 yr earthquake repeat time, t ′ = 10−6

is roughly one hour). Note that the exact time at which post-seismic
creep rates fall to reasonable values, depends on the fault rheology
and the imposed coseismic slip.

In a model with a discontinuous coseismic slip profile, an increase
in mesh density is required to resolve the large gradients in traction,
and the time steps need to be sufficiently small in order to resolve the
rapid creep rates. Both the increased mesh density and the number
of time steps lead to exceedingly large computation times. The
computational burden can be significantly lessened by arbitrarily
bounding the creep rates, and except during the immediate post-
seismic period, the fault deformation is the same in computations

with creep rates unbounded or bounded. In general, we recommend
assuming coseismic slip distributions which lead to bounded post-
seismic creep rates.

3.2.1 Trade-off between coseismic slip and fault rheology

As discussed above, large gradients in imposed coseismic slip result
in large changes in fault traction, leading to large post-seismic creep
rates which tend to smooth out the coseismic slip distribution. One
may speculate that we should always impose discontinuous coseis-
mic slip, and let the model adjust the coseismic slip to a physically
reasonable coseismic slip distribution during some short period of
time following the earthquake—we refer to this as the ‘adjusted
coseismic slip.’ However, in models with RS frictional faults, the
deformation after the adjustment period in the original model is not
the same as in a model in which the adjusted coseismic slip was
imposed. One may also speculate that there is a significant trade-off
between imposed coseismic slip and fault rheology. In Section 4,
we show that increasing α′ results in less variation of interseismic
creep (i.e. with less transient post-seismic creep), and increasing
α′ can represent either an increase in the frictional parameter a, or
an increase in σ ′

E. In this subsection, we demonstrate the impact of
using adjusted coseismic slip and the potential trade-off between
coseismic slip and fault rheology. We use a 2-D strike-slip fault
model, with an asperity extending from the surface to z′ = −1, and
an RS friction fault rheology (γ = 0.9, ρ = 10, L ′ = 0.05 and α′

as indicated below). We consider four coseismic slip distributions,
and we present only the cycle invariant deformation (i.e. in spun-up
models, assuming periodic earthquakes)

Coseismic slip in the first model we consider does not appreciably
extend past the edge of the asperity (model 1; Fig. 6a), and thus the
coseismic stresses are relatively large near the asperity (Fig. 6b).
We set α′ = 0.10 in model 1, and the surface velocities predicted by
model 1 are large in the immediate post-seismic period, and decrease
rapidly (Figs 6c–e). In the second model, we apply coseismic slip
that is the combination of the coseismic slip in model 1 plus the
cumulative post-seismic creep during the first t ′ = 10−6 following an
earthquake in model 1 (model 2; Fig. 6a). Because the coseismic slip
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Figure 6. Coseismic slip (a), coseismic traction change (b), and cycle invariant fault parallel surface velocities at three different times (c–e) in 2-D strike-slip
models with RS frictional faults (γ = 0.9, ρ = 10, L ′ = 0.05 and α′ = 0.10 in models 1 and 2, or 0.05 in models 3 and 4); y′ is distance from the fault along
the surface.

C© 2010 The Authors, GJI, 181, 81–98

Journal compilation C© 2010 RAS



Interseismic fault creep I 89

in model 2 is the total creep after some adjustment period of model
1, the coseismic slip in model 2 extends slightly father from the
asperity compared to in model 1. Similarly, the coseismic traction is
lower in model 2 compared to model 1 (Fig. 6b). The instantaneous
fault traction at t ′ = 10−6 in model 1 is identical to the traction at
t ′ = 0+ in model 2 (i.e. immediately after an earthquake); however,
with α′ = 0.10 in both models, the surface velocities are not the
same in models 1 and 2 (Figs 6c–e). In model 2, the velocities are
lower immediately after the earthquake, and decay slower than in
model 1. This difference stems from the fact that θ

′
immediately

following the coseismic slip in model 2 is not the same as θ
′

after
the adjustment period in model 1.

In a third coseismic slip distribution, we taper the coseismic slip
to zero over a broader region of the fault compared to the previous
models (model 3; Fig. 6a). As a result of the lower gradient in
coseismic slip, the coseismic traction is lower than those in models
1 or 2 (Fig. 6b). To offset the lower coseismic traction, we set α′ =
0.05 in model 3, resulting in a similarity of the early post-seismic
surface velocities to those in model 1 (Fig. 6c). However, the surface
velocities decrease more slowly in time than in model 1, so that later
in time the surface velocities in model 3 are larger than in model 1
(Figs 6d and e).

In the fourth coseismic slip model we consider, the coseismic slip
tapers to zero over approximately the same region of the fault as in
model 3, but with a slightly less severe taper near the asperity (model
4; Fig. 6a). Away from the asperity, the magnitudes of coseismic
traction are similar in models 3 and 4, although the traction is
fairly dissimilar closer to the asperity (Fig. 6b). We set α′ = 0.05 in
models 3 and 4, and even with the slight difference in the taper of the
coseismic slip, the surface velocities are fairly similar (Fig. 6c–e).
By about t ′ = 0.01 the surface velocities in all four models are
similar. By about t ′ = 0.1 the surface velocities are close to those in
the elastic strain accumulation model of Savage & Burford (1973),
and then decrease slowly during the rest of the interseismic period.

To summarize, when only considering surface deformation over
a short time period, there may be trade-offs between coseismic slip
and fault rheology, which may pose a problem because in general,
the coseismic slip distribution in any particular event may be fairly
uncertain (e.g. Simons et al. 2002; Chlieh et al. 2007; King &
Wesnousky 2007). However, these trade-offs can be substantially
minimized when considering deformation over a longer time pe-
riod, as both the magnitudes and the variations through time of
surface velocities are sensitive to fault rheology. The ideal case
would be to consider both transient post-seismic deformation fol-
lowing an earthquake and steady interseismic deformation prior to
that earthquake. Nevertheless, when comparing model results to

actual observations, one should account for uncertainties in the as-
sumed coseismic slip when inferring fault rheology from surface
deformation.

3.3 Influence of fault domain

In our model formulation, we only calculate slip on a finite fault,
�, and we assume that the semi-infinite extension of the fault slides
steadily at the fault loading rate, vT . As described in Section 3.1,
the distance from the asperities to the model boundaries affects the
spin-up time of the model. When � is only slightly larger than the
asperities, the model spins-up in fewer seismic cycles than for larger
fault domains. Hence, limiting � decreases computation cost not
only because fewer fault elements are needed to represent the fault,
but also because the model spins-up in less time steps. However, in
these calculations limiting � may strongly affect the model results.
We illustrate this point with a 2-D model of a strike-slip fault, in
which we impose periodic earthquakes, with period T and uniform
slip so from z′ = −0.5 to −1.5, and slightly tapered above and below
the asperity (Fig. 7a). � always extends to the free surface, and we
vary the depth of the lower boundary of �.

We assume the non-asperity regions of the fault are described by
RS friction, with L ′ = 0.01, ρ = 10, and, γ = 0.9. We arbitrarily
set α′ = 0.05 at depths shallower than z′ = −2 and linearly increase
α′ to 0.25 at z′ ≤ −3 (Fig. 7a). We use a rather low α′ in order to
accentuate the variation of interseismic creep. In laboratory studies
of granite under hydrothermal conditions, a ≈ 0.015 in the upper
crust (Blanpied et al. 1991), and for μ = 30 GPa, D = 10 km, and
so = 10 m, α′ = 0.05 corresponds to a effective normal traction
across the fault of about 10 MPa. We also specify that α′ increases
by a factor of five at depth, which limits the spatial extent of post-
seismic creep. The effects of the depth of the lower boundary are
qualitatively the same for other fault rheologies.

When the lower boundary is sufficiently deep, the mature inter-
seismic creep rates adjacent to the asperity are initially high, and
then decrease through the interseismic period (Fig. 7c). The de-
pressed creep rates later in the interseismic period lead to a region
of the fault larger than the asperity that may appear locked. When
the lower boundary is close below the asperity, the transient post-
seismic creep occurs over a shorter period compared to when the
lower boundary is deeper, and the mature interseismic creep rates
increase during the later interseismic period (Fig. 7b). This later
increase in interseismic creep rates is greatest in the deep portions
of the fault, although it is also apparent at shallow depths above the
asperity, and is due to the proximity of the imposed steady creep
below z′ = −3. When the lower boundary is at z′ = −6, transient

Figure 7. (a) Coseismic slip (black) and α′ (red) in a 2-D vertical strike-slip fault model with an RS friction fault (ρ = 10, L ′ = 0.01, γ = 0.9); shaded area
is the locked portion of the fault. (b) and (c) Mature interseismic creep rate in a model with a lower fault boundary at z′ = −3 (b) or z′ = −14 (c).
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interseismic creep is only slightly affected by the fault loading, and
when z′ = −10 there is no effect on the transient creep near the
asperity.

4 I N T E R S E I S M I C C R E E P A N D FAU LT
R H E O L O G Y

In this section, we further explore the dependence of interseismic
creep on the parameters of the fault rheology. We continue to use
2-D models of an infinitely long, strike-slip fault, as described in
Section 3.1 (Fig. 3). In the unlocked region of the fault, we con-
sider linear viscous, non-linear viscous, RD friction, and RS fric-
tion faults, and we assume that the rheology is constant with depth.
As our primary interest in this study is the velocity strengthening
regime, we explore interseismic creep only for velocity strengthen-
ing frictional fault rheology parameters (a − b > 0 or equivalently
γ < 1). We only consider spun-up models, assuming periodic earth-
quakes. We compare creep in models with RS friction faults to creep
in a model with an RD friction fault in Section 4.4, but we do not
directly compare models of other fault rheologies.

4.1 Linear and non-linear viscous fault zones

Fig. 8 shows cycle invariant interseismic creep in models with linear
(n = 1) and non-linear (n = 3) viscous fault rheologies. When
n > 1, heightened post-seismic creep rates are more localized near
the asperity than when n = 1, due to an effective weakening of
the non-linear viscous fault resulting from large traction near the
asperity. As α′

n increases, there is less post-seismic creep, and more
of the fault creeps steadily at the fault loading rate during the entire
interseismic period. The average traction on a mature viscous fault
is α′1/n

n (i.e. the traction required to creep steadily at vT ), and as
α′

n increases, coseismic traction changes are smaller relative to the
background traction. For decreasing α′

n there is more pronounced
transient creep following an earthquake, with depressed creep rates
in the later seismic cycle. Analogous to the inverse of the Savage
parameter, α′

n is effectively the relaxation time of the fault relative
to the recurrence times of the earthquakes (Savage & Prescott 1978;
Hetland & Hager 2006b; DiCaprio et al. 2008).

4.2 Rate-dependent friction fault zones

We show cycle invariant interseismic creep in models with RD
friction fault rheologies in Fig. 9. As α′

h decreases, post-seismic
transient creep extends over a larger region of the fault and propa-
gates from the asperity at a higher rate. Because α′

h = (a − b)σ ′
E, a

decrease in α′
h can reflect a decrease in σ ′

E, and one would indeed
expect more transient post-seismic creep as the fault becomes less
clamped. As α′

h increases, the fault creeps steadily at the fault load-
ing rate over more of the fault. Increasing ρh results in slightly less
initial transient creep, although the creep is weakly dependent on
variations of ρh, especially compared to variations in α′

h. Because
only changes in αh significantly affect the degree that creep varies
through the interseismic period, we might conclude that α′

h largely
controls the apparent strength of the fault, although the average
traction on the fault over multiple seismic cycles is α′

hρh. Roughly
speaking, α′

h behaves for an RD friction fault as α′
n does for a vis-

cous fault, although we note that α′
n depends on the recurrence time,

T , whereas α′
h is independent of T .

4.3 Rate-state friction faults

We show the dependence of cycle invariant creep on RS frictional
parameters in Fig. 10. As with α′

h in an RD friction model, de-
creasing α′ results in broader regions of post-seismic creep and a
larger variation in creep rates throughout the interseismic period.
Similar to ρh in an RD friction model the parameter ρ has only
a minor effect on the variation of creep through the interseismic
period. Decreasing γ results in less transient creep farther from the
asperity, and γ → 1 results in sharper onset of post-seismic creep
at depth (Fig. 11). Decreasing L ′ in an RS friction model results
in more transient post-seismic creep, as well as a sharper onset of
creep farther from the asperity (Fig. 10).

Far from the asperity, the fault creeps steadily at the fault loading
rate, and � ≈ 1 during the entire interseismic period. Generally, � >

1 prior to the onset of the post-seismic creep, while except for large
L ′, � ≈ 1 during most of the later post-seismic and interseismic
periods (Figs 10). �≈ 1 signifies that fault creeps at steady state (i.e.
v′ = L ′/θ ′), while for � > 1 (� < 1) the fault creeps faster (slower)
than steady state. When L ′ ≤ 10−2, transient post-seismic creep is

Figure 8. Mature interseismic fault creep in 2-D models (Fig. 3) with linear (n = 1) or non-linear (n = 3) viscous rheologies. Note the change in z′ range
in (c).

Figure 9. Mature interseismic fault creep in 2-D models (Fig. 3) with RD friction rheologies.
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Figure 10. (a)–(c) Mature interseismic fault creep in 2-D models (Fig. 3) with RS friction rheologies (α′ = 0.1, γ = 0.9, and ρ = 10). Black lines represent
the � = 0.8 (dashed), 1.2 (thin solid), and 2.0-(thick solid) contours. (d)–(f) � corresponding to models in upper panels: black lines represent the v′ = 1 (thick)
and v′ = 10 (dashed) creep rate contours.

Figure 11. Mature interseismic fault creep in 2-D models (Fig. 3) with RS friction rheologies (ρ = 10, α′ = 0.10, L ′ = 0.01). Black lines represent the � =
0.8 (dashed), 1.2 (thin solid) and 2.0 (thick solid) contours.

activated over a relatively large region near the asperity (Fig. 10).
As the coseismic stresses diffuse from the asperity, both creep rates
and � increase. For low L ′, the onset of post-seismic creep away
from the asperity is abrupt (i.e. a sharper creep front), and � ≈ 1
during the period of transient post-seismic creep (Fig. 10a). On the
other hand, when L ′ > 10−2, post-seismic creep is constrained near
the asperity, while the onset of post-seismic creep farther away is
more gentle, with �  1 during most of the period with heightened
post-seismic creep (Fig. 10c). As γ decreases, the region over the
fault in which � > 1 is smaller (Fig. 11).

4.4 Comparison of RD and RS friction faults

When � = 1, an RS friction model reduces to an RD friction model,
with α′

h = α′(1 − γ ) and ρh = ρ/(1 − γ ). With these parameters,
RD and RS friction models have identical steady states. In mod-
els with RS friction faults and low L ′, � ≈ 1 except during the
onset of post-seismic creep. Hence, during the later interseismic
period, the creep rates in RS models approach those in models with
RD frictional faults, assuming that the two models have identical
steady states (Fig. 12). However, the creep during the earliest in-
terseismic period is still quite distinct in models with RD and RS
friction faults, even with small L ′. With RS frictional faults, the
immediate post-seismic creep rates away from the asperity remain
relatively low because the perturbation to traction due to coseismic
slip is small in these regions (Figs 10 and 12b). Eventually as the
perturbation to fault traction diffuses away from the asperity, both
� and the post-seismic creep-rates increase, followed by an abrupt
decrease of � towards steady-state, and a near-exponential decrease
in the creep rates (Fig. 12b). As the post-seismic creep rates decay,

� → 1, and the creep is similar to that in models with an RD fric-
tion fault. As L ′ decreases, the onset of post-seismic creep at depth
becomes more abrupt. The sharp onset of post-seismic creep away
from the asperities and the subsequent similarity to creep in RD
friction models is the same as in the models discussed by Perfettini
& Ampuero (2008).

5 D I S C U S S I O N

We discuss our model formulation in the context of elastodynamic
models that solve for both coseismic slip and interseismic creep.
We also compare our formulation to previously proposed models
of only post-seismic creep. We then discuss the traction level on a
spun-up fault, RS versus RD friction rheologies, and transient creep
in the context of our model. Finally, we briefly explore limitations
of our model due to the lack of consistent coseismic variation of
frictional state in RS frictional models, and our assumed mechanism
of fault loading.

5.1 Comparison to earthquake models

In the model formulation we propose, we do not solve for coseismic
slip, but interseismic creep is consistent with the imposed coseis-
mic slip history and the fault rheology outside of the asperities. One
can imagine that spontaneous earthquakes in models of the entire
earthquake cycle would be similar to those applied in a particular
instance of our model, given some heterogeneous velocity weaken-
ing rheology. Our main intended use of these models is to inves-
tigate the mechanical response of faults to given spatio-temporal

C© 2010 The Authors, GJI, 181, 81–98

Journal compilation C© 2010 RAS



92 E. A. Hetland, M. Simons and E. M. Dunham

-3

-2

-1

0

lo
g

1
0
[L

´]

0

1

2

3

lo
g

1
0
[v

´]

z´ = -2.2

a

0

1

2

lo
g

1
0
[v

´]

z´ = -4.0

b

-4 -3 -2 -1  0

0.0

0.5

1.0

1.5

log
10

[t´]

lo
g

1
0
[Ω

]

c

-4 -3 -2 -1  0

0.0

0.2

0.4

0.6

0.8

log
10

[t´]

lo
g

1
0
[Ω

]

d

Figure 12. (a)–(b) Cycle invariant creep rates in models (Fig. 3) with an RD friction fault (black line; ρh = 100 and α′
h = 0.01), and RS friction faults (solid

coloured lines; ρ = 10, α′ = 0.1, γ = 0.9, and L ′ given in colour-scale) at z′ = −2.2 (a) and −4.0 (b). (c–d) � in the RS friction (coloured lines) and RD
friction (black line, � = 1) fault models, corresponding to (a) and (b). Because α′

h = α′(1 − γ ) and ρh = ρ/(1 − γ ), friction in these models have identical
steady states.

distributions of earthquakes, and to infer the mechanical proper-
ties of fault zones from geodetic observations without having to
simultaneously search for permissible velocity weakening rheolo-
gies within asperities. Admittedly, there is some circularity in this
strategy, as coseismic slip in the transition regions depends on the
heterogeneous friction properties in both velocity weakening and
strengthening regions (e.g. Boatwright & Cocco 1996; Tinti et al.
2005; Hillers & Wesnousky 2008), and thus inferred rheologies in
transition regions may not be consistent with imposed coseismic
slip. However, except for transition regions that are comparable in
size to the asperity, the majority of the fault creep occurs outside
of the transition regions. When there is significant coseismic slip
in transition regions that are comparable to the size of the asperity,
an elastodynamic model may be more appropriate to explore the
post-seismic creep in the transition regions (see also Section 5.6).

The fundamental advantage of our model formulation over elas-
todynamic models of the full earthquake cycle, is the ability to
pin calculations to particular asperity geometries and earthquake
histories. In addition, because we do not solve for coseismic slip,
our model is orders of magnitude faster to compute than the more
complete elastodynamic models. The 2-D models we present here
all took just minutes to spin-up on a desktop computer when we
initially pre-stress the fault at τ steady, and 3-D models presented in
Paper 2, all took less than one hour to spin-up on a desktop com-
puter. The 3-D model of Liu & Rice (2005) required about one day
on a moderate computer cluster to integrate through one earthquake.
The computational demand of calculating the coseismic slip lim-
its the number of model permutations that can be considered. For
instance, Kato (2008) explored over 100 different heterogeneous
fault rheologies, and found at least one that qualitatively produced
a similar earthquake sequence to the recent earthquakes in north-
eastern Japan. However, the timing of the modelled earthquakes
was not the same as the observed, and thus it would not be pos-
sible to incorporate geodetic observations into the model success
criteria. Nevertheless, this model demonstrated the strong feedback
between interseismic creep and earthquakes, and thus the impor-
tance of modelling the full seismic cycle. In particular, Kato (2008)
noted that the non-linearity of these frictional models make it ex-
ceedingly difficult to find a fault rheology, including both asperity

and non-asperity regions, that will be consistent with all data. Due
to the relatively low computation cost of our model formulation, a
wide range of asperity geometries, coseismic slip histories and fault
rheologies can be explored.

Finally, in fully elastodynamic earthquake cycle models, the size
of the fault is limited to only slightly larger than the size of the asper-
ities (e.g. Liu & Rice 2005; Hori 2006; Kato 2008). The need to limit
the fault size is driven by the computational demands of calculating
the evolution of coseismic slip. In Section 3.3, we showed that lim-
ited fault size can greatly influence the calculation of interseismic
creep, especially late in the seismic cycle. If geodetic observations
of interseismic deformation are to be used to infer rheologies, the
fault domain should be much larger than the asperities in order to
ensure that the calculated interseismic creep behaviour is not ad-
versely affected by the prescribed fault loading (i.e. the boundary
conditions).

5.2 Comparison to post-seismic fault creep models

There have been several studies that have described geodetic ob-
servations of post-seismic deformation using models with localized
creep on frictional faults. Among these are the models of Hearn et al.
(2002, 2009), Johnson et al. (2006), Perfettini & Avouac (2007), and
Barbot et al. (2009). Hearn et al. (2002, 2009), Perfettini & Avouac
(2007) and Barbot et al. (2009) used an RD friction fault rheology,
while Johnson et al. (2006) used an RS friction fault rheology. The
models of Hearn et al. (2002, 2009) were based on finite element
calculations, but the models of Johnson et al. (2006) and Perfet-
tini & Avouac (2007) used essentially the same formulation as we
present here. The two key differences between our methodology
and the previous studies, are that those models were not spun-up,
and they used different criteria for where post-seismic fault creep
was allowed to occur. We also consider a wider range of plausible
fault rheologies.

Investigating the post-seismic deformation following the 2005
Parkfield earthquake, Johnson et al. (2006) assumed that the initial
pre-earthquake fault traction, τ pre, depended on the pre-earthquake
fault creep rates, vpre. Using spring-and-slider models, Johnson et al.
(2006) found that τ pre could be approximated by RD friction for
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certain frictional parameters, particularly for small L (referred to as
Dc in their paper). We refer to the RD friction approximation of τ pre

as

τ ′
RD = α′

h(log{v′
pre} + ρh). (20)

For vpre, Johnson et al. (2006) used the interseismic creep rates on
the Parkfield segment of the San Andreas fault inferred by Murray
et al. (2001). These interseismic creep rates were determined by the
inversion of steady geodetic data recorded over several years prior
to the Parkfield earthquake (Murray et al. 2001). In our models with
RS frictional faults, τ ′

RD calculated using the creep rates immedi-
ately prior to a mature earthquake is not identical to the actual fault
traction prior to that earthquake. This difference is largely due to the
finite value of L ′ often assumed in these calculations. As L ′ → 0,
τ ′

pre in our spun-up models approaches τ ′
RD, and for L ′ ≈ 10−2, the

difference between τ ′
pre and τ ′

RD is negligible compared to the coseis-
mic change in traction, making this particular difference with the
model of Johnson et al. (2006) relatively insignificant. In a model of
post-seismic deformation following the 1992 Landers earthquake,
Perfettini & Avouac (2007) also effectively assumed that the pre-
earthquake fault traction was that given by eq. (20). However, they
simultaneously solved for a homogeneous vpre and the post-seismic
fault creep from the geodetic observations. Assuming that vpre is
consistent with the long-term earthquake history of the fault, both
approximations of Johnson et al. (2006) and Perfettini & Avouac
(2007) are reasonable. However, if vpre is not well constrained, it
is important to investigate the sensitivities of the model results to
the pre-earthquake creep rates, or equivalently the pre-earthquake
traction. Using our model formulation, observations of both the in-
terseismic deformation prior to an earthquake and the post-seismic
deformation could be used to constrain a spatially variable vpre and
post-seismic creep using a consistent model.

The more crucial difference between our formulation and those
of Johnson et al. (2006) and Perfettini & Avouac (2007) is the as-
sumption of where post-seismic creep is allowed to occur. Johnson
et al. (2006) only solved for post-seismic creep where the coseismic
traction change is positive (i.e. leading to post-seismic creep in the
same direction of the imposed coseismic slip). Similarly, Perfet-
tini & Avouac (2007) only calculated post-seismic creep below the
inferred brittle–ductile transition at 15 km depth, and the coseis-
mic perturbation to fault traction at these depths was positive. The
authors implicitly assumed that any coseismic slip deficit in the re-
gions where they did not allow post-seismic creep would be filled in

either by future earthquakes or creep later in the interseismic period.
However, even if these regions do not creep immediately following
the earthquake, by not calculating the creep in some regions of the
fault that may post-seismically creep, the relaxation of coseismic
stresses may be impaired, and as a result the predicted post-seismic
creep in other regions may be biased.

To illustrate that artificially locking non-asperity regions of the
fault may interfere with post-seismic creep, we consider model 4 in
Section 3.2 (Fig. 6). The coseismic slip in model 4 tapers to zero
over a fairly broad region of the fault (Fig. 6a), and as a result, the
coseismic traction change is negative over a broad region near the
asperity (Fig. 6b). We assume that the initial fault traction is that
from the fully spun-up model 4 shown in Fig. 6, and we calculate
post-seismic creep making different assumptions on where creep
is allowed. In the first model, post-seismic creep is allowed on the
entire fault outside the asperity regardless of the sign of τ ′ (z′

lock >

−1.0 are the locked portions of the fault). The second model is
equivalent to allowing post-seismic creep only where the coseismic
traction change is positive (z′

lock > −1.2), and this post-seismic
locking criterion is as in Johnson et al. (2006). The third model
allows post-seismic creep only where there is negligible coseismic
slip (z′

lock > −1.5), roughly equivalent to the assumption made by
Perfettini & Avouac (2007).

Whether coseismic slip leads to negative fault traction depends
on both the coseismic traction change and τ ′

pre. In model 4, the
time average traction through the interseismic period is τ ′

steady =
α′ρ = 0.5, and coseismic slip does indeed lead to negative traction
near the asperity (Fig. 13a). However, the traction becomes positive
shortly after the earthquake, and there is negligible negative post-
seismic creep where the traction is negative (Fig. 13b). For larger
τ ′

steady, for instance with ρ = 100, the traction may never be negative
anywhere on the fault. Even in the model where post-seismic creep
is permitted on the entire non-asperity region of the fault, there is
negligible post-seismic creep immediately following the earthquake
where traction is negative (Fig. 13b). (In this model, the post-seismic
creep is at most 2.5 × 10−3 in the opposite direction to coseismic
slip.) Hence with this fault rheology, assuming that the fault does
not post-seismically creep close to the asperity may be sufficient for
t ′ < 0.1 following an earthquake. However, farther from the asperity
fault creep in a fully consistent model is significantly different from
the creep in the model where creep is only allowed in the region
of positive coseismic traction change (z′

lock > −1.2), especially in
later times (Fig. 13b). When creep is only allowed on the part of the
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Figure 13. (a) Interseismic fault traction for three spun-up models, where the fault is locked at depths, z′
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Figure 14. (a) Strike-slip fault traction at z′ = −1.5 in model 4 of Fig. 6(a) with an RS fault rheology (L ′ = 0.05, γ = 0.9, and α′ and ρ as indicated). (b)
Cycle invariant fault traction at z′ = −1.5, where time is relative to the start of a mature cycle, and traction is arbitrarily offset such that the τ ′ = 0 at the end
of the cycle. Green dashed line is the coseismic change in traction.

fault with no coseismic slip (z′
lock > −1.5), there is an even greater

disparity in post-seismic creep compared to the model in which
we allow post-seismic creep in all non-asperity regions. Due to the
strong dependence of the predicted creep on assumptions of where
post-seismic creep is allowed, it is important to use fully spun-up
models in which fault creep constraints are internally consistent with
the long-term evolution of the fault. This consistency is especially
critical when constraining fault rheologies from geodetic data.

5.3 Fault traction

In spun-up models with linear viscous fault rheologies, the average
traction supported on faults over multiple seismic cycles is given by
α′

1, while the degree that fault creep varies through the interseismic
period is given by the inverse of α′

1. Hence, if rapid transient post-
seismic fault creep was observed, one could conclude that the fault
was weak surrounding the asperities. Fault strength and the degree of
variation of interseismic creep are similarly related in models with
non-linear viscous faults (Montési 2004b). In contrast to viscous
faults, in models with frictional faults there is not necessarily any
connection between the strength of a fault and the variation of
interseismic creep rates. For instance, in Fig. 14 we show the effect
of variations in RS frictional parameters on fault traction during
spin-up of the model shown in Fig. 3. During spin-up, the traction
increases from the initial traction (here assumed to be zero) to a
traction that varies about ρα′ (Fig. 14a). Once spun up, the fault
traction varies throughout the interseismic period, but the degree of
variation is relatively insensitive to ρ and largely only dependent
on α′ (Fig. 14b). This behaviour is similar for RD frictional faults,
where the average traction on a mature fault is ρhα

′
h, and α′

h has
the largest effect on the degree of variation of creep during the
interseismic period.

5.4 Rate-state and RD friction

As L ′ decreases, interseismic creep in models with RS frictional
faults is similar to creep predicted in models assuming RD fric-
tion, although the creep following the earthquake is quite distinct
(Fig. 12). Perfettini & Avouac (2007) and Perfettini & Ampuero
(2008) have shown that creep in spring-and-slider models, with ei-
ther velocity strengthening RS or RD friction, are identical except
during early times. Similarly, Johnson et al. (2006) showed that
spring-and-slider models with RS or RD friction are identical for
certain frictional parameters, including low L. Perfettini & Ampuero
(2008) investigated isolated perturbations to traction on a 2-D fault,
and showed that RS and RD friction predict the same fault deforma-

tion as long as the spatial size of the traction perturbation is much
larger than a critical distance Lb = μL

bσE
. Signifying the spatial size

of the stress perturbation with Lτ , and non-dimensionalizing both
Lb and Lτ by D, γα′L ′

τ  L ′ is required for RS and RD friction
to be the same. In the models in Fig. 12, γ = 0.8, α′ = 0.1, and
because coseismic slip perturbs the traction over L ′

τ ≈ 1/4, RS fric-
tion reduces to RD friction only when L ′ � 0.02. In Fig. 12 when
L ′ > 10−2, the fault creep in the two frictional models are not the
same during most of the interseismic, while for lower L ′ the two
rheological models predict similar interseismic creep later in the
seismic cycle.

For values of L ′ that may be reasonable for natural faults
(e.g. Marone 1998a; Marone & Kilgore 1993; Lapusta & Rice
2003), RS and RD friction may predict similar deformation during
most of the later interseismic period. However, the spatio-temporal
pattern of post-seismic creep in models with RD friction or RS
friction is quite distinct. For example, if post-seismic creep rates
simply decay over a large region of the fault, the fault might be best
described with RD friction or a viscous rheology. On the other hand,
if post-seismic creep is resolved as a propagating creep pulse (i.e.
post-seismic creep rate increases with time at a distance from the
asperity), we would expect that the fault was best described with RS
rheology. If the spatio-temporal details of the earliest post-seismic
creep can not be resolved with geodetic observations, concluding
that the fault rheology is viscous or RD frictional may be prema-
ture, because a velocity strengthening RS frictional fault with a
sufficiently low L ′ may be permissible. For distinct creep pulses,
the timescale over which creep rates increase will constrain L ′

(Perfettini & Ampuero 2008), as also shown in the spring-and-slider
models of Fukuda et al. (2009).

5.5 Transient creep

It is important to note that in the models we show here, the transient
post-seismic creep away from the asperity is qualitatively different
than the unstable transient slip observed in the models of Perfettini
& Ampuero (2008) or Helmstetter & Shaw (2009). In the models
of Perfettini & Ampuero (2008), following certain perturbations
to fault traction on a 2-D fault plane, transient slip on velocity
strengthening faults became unstable, with the maximum creep rates
increasing as a creep pulse propagated from the stress perturbation.
Similarly, in the spring-and-slider model of Helmstetter & Shaw
(2009), with some velocity strengthening RS frictional parameters,
transient creep does not simply decay but increases in what they
refer to as slow (i.e. aseismic) earthquakes. In our models, the post-
seismic creep rates far from the asperity are never larger than the
maximum creep rates close to the asperity. Perfettini & Ampuero
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(2008) found that only when L ′
τ  L ′

b does transient slip occur,
where the maximum creep rates at a distance from the asperity are
larger than the creep rates near the asperity. For L ′ = 0.01, γ =
0.8 and α′ = 0.1, and the spatial size of traction perturbations need
to be larger than L ′

b = 0.13 in order to generate a transient slip
episode. The smoother coseismic slip profiles we explore often lead
to perturbations in fault traction larger than L ′

b; however, coseismic
traction perturbations are generally smoother and lower amplitude
than those considered by Perfettini & Ampuero (2008). On the other
hand, when there are large discontinuities in coseismic slip, the
resulting coseismic stress perturbations occur over a much smaller
spatial scale (Fig. 6). Helmstetter & Shaw (2009) found that for
transient slip to occur for velocity strengthening RS friction, the
initial instantaneous friction had to be greater than some critical
value. Their model demonstrates that when fault friction is too
large, transient slip may be initially impeded, although the fault
may dynamically weaken as the state variable evolves, eventually
leading to transient slip. Following Perfettini & Ampuero (2008)
and Helmstetter & Shaw (2009) the question remains, what are
the classes of coseismic slip distributions and fault rheologies that
generate unstable transient slip during the early interseismic period?
We explore a limited class of models with unstable post-seismic
creep in Paper 2.

5.6 Rheology of the transition regions

In all of the RS friction models presented above, the frictional state
variable, θ

′
, varies during the interseismic period, but in these mod-

els we do not prescribe any change in θ ′ when we apply coseismic
slip. During seismic rupture, θ ′ can vary over many orders of mag-
nitude (e.g. Ampuero & Rubin 2008), and when not calculating
coseismic slip, the coseismic change in θ ′ can be found by directly
integrating eq. (17) for a given coseismic slip rate variation. As a
first-order test of including coseismic variations of θ ′ in these cal-
culations, we instantaneously change θ ′ to the steady-state value
at seismic rupture speeds, θ ′

co = L ′/v′, when we apply coseismic
slip (e.g. Ampuero & Rubin 2008). Taking 1 m s−1 to be a typi-
cal seismic rupture speed (e.g. Heaton 1990), and assuming vT =
3 m/100 yr, during coseismic slip, we change θ ′ to θ ′

co = L ′/109

everywhere there is significant coseismic slip (i.e. coseismic slip >

10−2so). When θ ′ = θ ′
co in the transition regions immediately after

coseismic slip is imposed, the effective friction of the fault in these
regions is very small. As a result, the initial creep rates will be
significantly higher than if the coseismic change in θ ′ was ignored.
However, these extremely rapid creep rates are isolated near the as-
perity and decay rapidly during the immediate post-seismic period.
Similar to the extremely rapid creep rates due to artificially large
discontinuities in coseismic slip (Section 3.2), these rapid creep
rates effectively result in an adjustment to the imposed coseismic
slip, and have minor effect of the interseismic creep during the
later post-seismic and interseismic period. The effect of coseismic
changes in θ ′ on the later creep rates strongly depends on the size
of the transition region relative to the asperity (i.e. the distance over
which coseismic slip tapers to zero). For instance, in the models
using the coseismic slip in Fig. 3, there is only a small difference
in the model results after about t ′ ≈ 10−6 following the coseismic
slip. Specifically, Fig. 12 is virtually identical if we account for a
coseismic change in θ ′. For larger coseismic slip in larger transition
regions, coseismic changes in θ ′ are more significant. For instance
the coseismic slip in model 4 of Section 3.2 (Fig. 6a) tapers to zero
over a region of the fault up to 50 per cent of the asperity size.
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Figure 15. Cycle invariant fault parallel surface velocities in 2-D strike-slip
models with coseismic slip as in model 4 of Fig. 6a, RS friction faults (γ =
0.9, ρ = 10, L ′ = 0.05 and α′ = 0.05), and θ ′ either remaining constant
during coseismic slip (solid lines, same as in Fig. 6) or dropping to θ ′

co in
regions of coseismic slip (dashed lines).

Accounting for a coseismic change in θ ′ affects the model results,
with faster fault creep following the earthquake and a more rapid
decay of the later post-seismic creep rates (Fig. 15).

5.7 Localized fault loading and distributed creep

In our model, we assume that the fault is loaded via back-slip,
or equivalently imposed slip on the semi-infinite extension of the
fault. This fault loading mechanism is the same as that considered
in models that solve for both coseismic slip and interseismic creep
(e.g. Rice 1993; Lapusta & Rice 2003; Liu & Rice 2005; Hillers
& Wesnousky 2008; Perfettini & Ampuero 2008). Localized fault
creep on continental faults transitions to distributed deformation
at some depth below the seismogenic region. The deformation at
depth, whether localized or distributed, is probably a response to
both far-field fault loading and earthquake activity at seismogenic
depths. Hence, it is unlikely that imposed steady creep at depth is
a realistic boundary condition for continental faults. In Section 3.3,
we demonstrated that by setting the bottom of the computational
boundary sufficiently deep, the impact of the back-slip boundary
condition on interseismic creep at shallow depths is minimized. For
instance, when the lower fault boundary is only moderately deeper
than the bottom of the seismogenic zone, the near surface fault
creeps at a rate about 10 per cent of the fault loading rate later in the
interseismic period (Fig. 7b). This behaviour is qualitatively similar
to the 2-D strike-slip elastodynamic models where the bottom of
the computational domain often lies at 25 km depth (e.g. Rice
1993; Lapusta & Rice 2003). Near-surface interseismic fault creep
is not universally observed, although a coseismic slip deficit is often
inferred at shallow depths (e.g. Simons et al., 2002; Fialko et al.
2005). Our models indicate that when the effect of the back-slip
boundary condition is sufficiently minimized, the near surface only
creeps post-seismically, and does not creep appreciably in the later
interseismic period. We note, however, that such post-seismic creep
at shallow depths may not be consistent with observations from
several continental earthquakes, where rapid shallow post-seismic
slip was not observed (e.g. Fialko et al. 2005).

We ignore other processes that may affect not only the fault
traction but also variations in effective normal stresses across the
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fault. For instance, in fault systems, rarely is one fault isolated from
other faults, and the stresses on one fault due to slip on nearby
faults are not always negligible (e.g. Freed & Lin 2002; Hetland &
Hager 2006b). Assuming linear elasticity, the stresses from other
processes can be superimposed on our models, including models of
strain accumulation on nearby faults. However, we emphasize that
our formulation assumes that the stresses transfer entirely through
elastic interactions. In subduction zones, stresses on the fault due
to the deformation of the entire subducting slab and surrounding
upper mantle flow may also be important (e.g. Conrad & Hager
1999; Kanda & Simons 2010). Inelastic bulk rheologies are also
likely to be important, especially in the lower crust and upper mantle
(e.g. Savage 1995; Wang 1995; Azúa et al. 2002; Freed & Bürgmann
2004; Fialko 2004; Johnson & Segall 2004; Freed et al. 2006;
Hearn et al. 2009), where the inelastic component of stress transfer
between faults may be significant (e.g. Li & Kisslinger 1984; Ruff
1996; Freed & Lin 2002). Linear bulk rheology can be included in
this model formulation by including time dependence in the stress
kernel and the surface displacement Greens functions, modifying
eq. (1) to

τi (ζ, t) =
∫

�

∫ t

0
s j (ξ, τ )K ji (ζ, t ; ξ, τ )dτdξ. (21)

By adopting time-dependent K and G, the influence of time-
dependent bulk rheologies can be explored with these models.
Eq. (21) only accounts for linear bulk rheologies, and if the non-
linearity of rheologies is important over these time scales (e.g. Li
& Kisslinger 1984), one would have to rely on other numerical
techniques than those described here.

6 C O N C LU S I O N S

We describe a model of interseismic deformation due to fault creep.
We consider linear viscous, non-linear viscous, RD friction, and RS
friction fault rheologies. We assume that the fault is loaded by the
extensions of the fault sliding steadily (equivalent to back-slip), and
we assume that the bulk rheology is entirely elastic. We do not at-
tempt to solve for earthquakes, rather we impose the geometries and
histories of coseismic slip, and only solve for aseismic creep. The
creep includes both transient post-seismic creep and near-steady
creep during the later interseismic period, and results directly from
coseismic slip and fault loading. The size of the computational do-
main is crucially important in these models, and the boundaries of
the fault should be sufficiently far from the region of interest, so
that the stresses due to the loading do not dominate the solution.
When the fault domain is only slightly larger than the asperities,
close to the asperities the fault creeps near the fault loading rate
throughout the later interseismic period. On the other hand, when
the fault domain is much larger than the size of the asperities, creep
rates near the asperities are initially high following an earthquake,
and then decay such that late in the seismic cycle creep rates are
relatively low surrounding the asperities.

We propose this model to explore aseismic fault creep during the
seismic cycle, as well as to constrain fault rheologies from geodetic
observations in cases where the coseismic slip history is known.
Both post-seismic creep and patterns of low creep surrounding as-
perities depend on recent coseismic slip and fault rheologies, but
are weakly dependent on the average traction on the fault over mul-
tiple seismic cycles. In models with viscous or frictional faults,
elevated creep rates propagate from the coseismic slip as pulses of
post-seismic creep. For a viscous or an RD frictional fault model,
these post-seismic pulses are smooth and broad. On the other hand,

in models with RS frictional faults, the post-seismic pulses tend to
be more distinct, with pronounced creep fronts and elevated post-
seismic creep rates lasting over a longer period compared to in
models with RD friction. As L ′ decreases, the pulse of post-seismic
creep propagates from the asperity at a faster rate and with a more
rapid onset of transient creep; however, after the front of the post-
seismic creep pulse has passed, the post-seismic creep is similar to
in a model with an RD friction fault. Observations of either inter-
seismic or post-seismic deformation can be used to test plausible
fault rheologies. When only considering a short period of time, there
are trade-offs between fault rheology and imposed coseismic slip.
Observations over longer periods of time will reduce these trade-
offs, and simultaneous modelling of interseismic and post-seismic
geodetic observations would provide the strongest constraints on
fault rheologies.
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